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Abstract
Anomalies of the winter stratospheric polar vortex can propagate down to tropospheric
levels and modulate variability patterns, such as the North Atlantic Oscillation (NAO),
which is the leading mode of variability in the North Atlantic (NA) sector during boreal
winter. Not only is the NAO important for European winter weather conditions, but
the NAO related heat and freshwater fluxes, and the associated changes in westerly wind
over the NA region, also influence the formation of deep water masses in the NA basin
and can thereby influence the variability of the Atlantic meridional overturning circulation
(AMOC). The northward transport of heat by the AMOC is very important for European
climate and the variability of the AMOC is therefore of great interest.
To investigate the role of the stratosphere for variability over the North Atlantic sector,
two state-of-the-art ocean-atmosphere general circulation models are used: a high-top
model (CESM1(WACCM)) and a low-top model (CCSM4). For each model, a Control
simulation is analyzed and compared to a simulation under the Intergovernmental Panel
on Climate Change (IPCC)’s RCP8.5 scenario, which represents the worst case scenario
of greehouse gas (GHG) emissions.
Strong and weak vortex events are defined using the Northern Annular Mode (NAM),
which is also used to describe the downward propagation of these anomalies. In the low-
top model the downward propagation of stratospheric NAM anomalies to the surface is
not well captured, but it is very well represented in the high-top model. This simulated
difference in stratosphere-troposphere coupling is also reflected in the simulated effects of
the stratosphere on the surface atmosphere and ocean parameters. While stratospheric
vortex events in the high-top model are connected to NAO-like anomalies at the surface
(in sea level pressure, turbulent heat flux and surface wind stress), in the low-top model
this connection is less pronounced. No significant changes in mixed layer depth (MLD),
which is used as an indicator for deep water formation, are found in the low-top model.
The high-top model, on the other hand, shows a strong connection between stratospheric
polar vortex events and MLD anomalies (strong (weak) vortex events are connected to
deeper (shallower) MLDs), especially in the Labrador Sea, which is an important area of
deep water formation in the NA region.
A cross-correlation analysis of the NAM/NAO and AMOC shows that the NAO leads the
AMOC by about 4 years in both, the high and low-top model Control simulations. While
the stratospheric NAM is also highly correlated with the AMOC in the high-top model
(peaking when the NAM leads the AMOC by 2 years), there is no resonable correlation
between NAM and AMOC in the low-top model. Under global warming the correlation
between the AMOC and NAO decreases for both models. In the case of the high-top
model, the NAM and AMOC are more strongly correlated than the NAO and AMOC
under the GHG scenario.

Zusammenfassung
Anomalien im Polarwirbel ko¨nnen von der Stratospha¨re in die Tropospha¨re propagieren.
Damit beeinflussen sie die Dynamik in der Tropospha¨re, im Besonderen beispielsweise
die Nord Atlantische Oszillation (NAO), die das dominante Variabilita¨tsmuster im Nor-
datlantik darstellt. Die Phase der NAO ist ausschlaggebend fu¨r das Wetter in Europa
im Winter und beeinflusst ebenfalls die Verha¨ltnisse von Wa¨rme- und Frischwasserfluss
als auch die Auspra¨gung des Westwindes u¨ber dem Nordatlantik. Diese Parameter sind
wichtig fu¨r die Produktion von Tiefenwasser im Nordatlantik und haben dadurch ebenfalls
einen Einfluss auf die Variabilita¨t der Umwa¨lzbewegung im Atlantik (AMOC - von (engl.)
Atlantic Meridional Overturning Circulation). Die AMOC stellt einen sehr wichitgen Be-
standteil im globalen Wa¨rmetransport dar und pra¨gt das Klima Europas, daher ist es von
großem Interesse die Variabilita¨t der AMOC besser zu verstehen.
Um die Rolle der Stratospha¨re fu¨r die Variabilita¨t u¨ber dem Nordatlantik zu untersuchen,
werden hier zwei der aktuellsten gekoppelten Ozean-Atmospha¨ren Modelle verwendet. Ein
high-top Modell (CESM1(WACCM)), welches stratospha¨rische Prozesse sehr gut darstellt,
und ein low-top Modell (CCSM4), welches die stratospha¨rische Dynamik nicht korrekt
simuliert. Fu¨r beide Modelle wird eine Kontrollsimulation analysiert und mit einer Treib-
hausgassimulation (GHG - von (engl.) greenhouse gas) verglichen, die auf dem RCP8.5
Szenario beruht, dem aktuellen Worst-Case-Szenario des Intergovernmental Panel on Cli-
mate Change (IPCC).
Starke und schwache Polarwirbel werden mit Hilfe des Northern Annular Mode (NAM)
definiert und die Propagation von Anomalien im Polarwirbel in Schichten der Tropospha¨re
wird ebenfalls u¨ber die Anomalien der NAM beschrieben. Die U¨bertragung von stratospha¨-
rischen Anomalien in der NAM auf die oberfla¨chennahen Schichten der Tropospha¨re wer-
den im low-top Modell nicht erfasst. Im Gegensatz dazu wird diese Kopplung im high-top
Modell sehr gut simuliert. Dieser Unterschied zwischen high- und low-top Modell findet
sich auch in der Verbindung zwischen stratospha¨rischen Anomalien und oberfla¨chennahen
Parametern in der Tropospha¨re als auch im Ozean. Im high-top Modell stehen Anomalien
im Polarwirbel in Verbindung mit NAO-a¨hnlichen Anomalien (im Druck auf Meeresho¨he,
Windstress und turbulenten Wa¨rmefluss) an der Oberfla¨che. Diese Verbindung ist im
low-top Modell weitaus schwa¨cher ausgepra¨gt. Es findet sich im low-top Modell keine
signifikante Verbindung zwischen Anomalien im Polarwirbel und der Tiefe der Durchmis-
chungsschicht (MLD - von (engl.) Mixed Layer Depth) im Nordatlantik, die als Indikator
fu¨r die Tiefenwasserproduktion verwendet wird. Dieser Zusammenhang ist hingegen im
high-top Modell deutlich ausgepra¨gt, besonders in der Labradorsee, die ein wichtiges Ge-
biet fu¨r die Tiefenwasserproduktion im Nordatlantik darstellt. Starke Polarwirbel stehen
hier in Verbindung mit einer tieferen MLD, schwache Polarwirbel hingegen mit einer
flacheren MLD.
vi
Eine Kreuzkorrelation von NAM/NAO und AMOC zeigt, dass die NAO in den Kontroll-
simulationen von high- und low-top Modell die AMOC mit 4 Jahren anfu¨hrt. Wa¨hrend
die stratospha¨rische NAM im high-top Modell ebenfalls stark mit der AMOC korreliert,
gibt es im low-top Modell keine Hinweise auf den Einfluss der Stratospha¨re auf die AMOC.
In den Treibhausgassimulationen nimmt die Korrelation zwischen NAO und AMOC fu¨r
beide Modelle ab. Im Falle des high-top Modells ist die Korrelation zwischen NAM und
AMOC im GHG Szenario sta¨rker als die Korrelation zwischen NAO und AMOC.
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Chapter 1
Introduction
The connection between stratosphere and troposphere has become an intensively studied
research field in the last decade. Already in the 1980s a mechanism for the downward
propagation of zonal mean zonal wind anomalies within the stratosphere was suggested
by Hines [1974]. This led to the question whether stratospheric anomalies could as well
propagate into the troposphere and influence its variability. In 1994/95 Baldwin et al.
[1994] and Perlwitz and Graf [1995] correlated stratospheric anomalies to the North At-
lantic Oscillation (NAO) and with the work of Baldwin and Dunkerton [1999, 2001] the
downward propagation of stratospheric anomalies into tropospheric layers was demon-
strated.
The stratospheric influence on tropospheric conditions is now considered an important
part of the climate system and great effort is taken in investigating this relationship. By
incorporating atmospheric model components into general circulation and earth system
models (GCMs and ESMs) that are capable of representing stratospheric chemistry and
dynamics, the representation of the Earth’s climate in these models is improved. Also the
stratospheric effect on weather prediction became an important issue (e.g. Baldwin et al.
[2003]).
Recently, Reichler et al. [2012] connected stratospheric anomalies to the oceanic circu-
lation, arguing that stratospheric anomalies, which influence surface conditions in an
NAO-like way, can influence the strength of the overturning circulation in the Atlantic
Ocean. They used the fact that the connection between an NAO-like heat flux forcing
and Atlantic Meridional Overturning Circulation (AMOC) varibility was already shown
using ocean models by Eden and Jung [2001] and Eden and Willebrand [2001]. In these
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models the NAO led the AMOC by 5 to 10 years. Reichler et al. [2012] used a coupled
GCM that is regarded as a low-top model, a model that does not represent stratospheric
dynamics and chemistry in a reasonable way as its upper boundary is too low to allow for
the observed radiative processes or for a reasonable wave-mean flow interaction.
In this thesis the connection between stratospheric polar vortex events and the variability
of North Atlantic climate and oceanic circulation shall be investigated using a high-top
model, that does represent stratospheric dynamics and includes fully-interactive chem-
istry. To better isolate the effect of the stratosphere, a low-top model is used for compar-
ison. Additionally, a climate change scenario is investigated to classify the stratospheric
influence on the North Atlantic climate under global warming.
The following Chapter introduces the stratospheric, tropospheric and oceanic dynamics
that are important for the connection between these compartments. It is followed by a
description of the climate models, the data and the methods used in this work. Chapter
4 gives an overview about how the dynamics introduced in Chapter 2 are represented in
the models compared to reanalysis and observations. Afterwards the connection between
the stratosphere and different atmospheric surface parameters and oceanic variables in
the models is shown. A discussion at the end summarizes and concludes the results.
Chapter 2
Introduction to North Atlantic
Climate Variability
Anomalies in the winter stratospheric polar vortex can propagate down into the tropo-
sphere and influence the circulation at the surface (Baldwin and Dunkerton [2001]). This
has an effect on the main pattern of variability in the North Atlantic sector, the North At-
lantic Oscillation, that is known to influence the circulation in the North Atlantic Ocean,
which is of great importance for the world wide oceanic heat transport.
This chapter introduces the basic atmospheric and oceanic features important for North
Atlantic mean climate and its variability. First an overview about the mean tropospheric
and stratospheric dynamics is given and the connection between stratosphere and tropo-
sphere is described. The Atlantic Meridional Overturning Circulation is introduced and
causes for its variability revealing the importance of the troposphere are given.
2.1 Stratospheric Dynamics
2.1.1 Temperature Structure of the Earth’s Atmosphere
The atmosphere is separated into different layers based on its vertical temperature char-
acteristics. Figure 2.1 shows an average profile of the standard atmosphere. From the
Earth’s surface up to about 12 km height atmospheric temperatures decrease. This lowest
layer of the Earth’s atmosphere is referred to as the troposphere, its upper boundary is
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the tropopause. The decrease in temperature with height in this layer is mainly due to
the emission of infrared (IR) radiation by water vapor and clouds.
The stratosphere is the second layer of the Earth’s atmosphere. It covers the altitude
range from about 12 km (tropopause) to about 50 km height (stratopause). The temper-
ature in the stratosphere increases with height peaking at the stratopause (Figure 2.1).
The increase in temperature is due to the presence of ozone (O3) in the stratosphere
Figure 2.1: Midlatitude mean temperature profile based on the U.S. Standard Atmo-
sphere (1976) from Holton [2004].
with a maximum at about 10 hPa (Brasseur and Solomon [2005]). It absorbs high en-
ergetic solar irradiance, i.e. ultraviolet (UV) radiation, and thereby leads to radiative
heating. As shown in Figure 2.2 ozone is the major contributor to radiative heating in
the stratosphere. The ozone layer is therefore not only important for its well known effect
of protecting the biosphere from UV radiation at the surface but also plays an important
role in stratospheric dynamics as the stratospheric temperature profile is directly influ-
enced by the distribution and concentration of ozone in the stratosphere (Andrews et al.
[1987]). Radiative cooling in the stratosphere is partly due to the presence of water vapor
and ozone but mainly due to that of carbon dioxide (CO2) (Figure 2.2). Therefore, the
current anthropogenic increase of atmospheric CO2 concentrations leads to a cooling in
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the stratosphere, in contrast to the troposphere, where the net effect of CO2 is a warming
one (IPCC [2013]).
The layer above the stratosphere, referred to as the mesosphere (50 to about 85 km),
is again characterized by a decrease in temperature. In this layer ozone concentrations
decrease with height leading to a reduced radiative heating and therefore to the observed
temperature decrease. Above the mesopause, the thermosphere follows. It is character-
ized by a rapid temperature increase with height due to the photodissociation of oxygen
and nitrogen (Brasseur and Solomon [2005]).
Figure 2.2: Vertical distribution of cooling due to emission of infrared radiation (left)
and heating due to absorption of solar radiation (right) from Brasseur and Solomon
[2005].
2.1.2 Characteristics of the Stratosphere
As already mentioned the stratospheric temperature profile is largely influenced by trace
gases, especially ozone and carbon dioxide. Stratospheric temperatures increase with
height leading to a strong stratification (Figure 2.1). Considering the meridional di-
mension as well, Figure 2.3 shows that there are significant differences in the meridional
distribution of stratospheric temperatures between tropics, middle latitudes and high lati-
tudes as well as between the winter and the summer hemisphere. In the lower stratosphere
a distinct minimum in temperature is found over the equatorial region (in the tropical
tropopause layer), whereas in the middle and upper stratosphere temperatures gradually
decrease from the summer to the winter pole.
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Figure 2.3: Observed, zonally averaged temperature distribution from the surface to
a height of 100 km. Altitudes at which the vertical temperature gradient vanishes are
marked by dotted lines. The -60◦C isopleth is represented by the thick line. Figure from
Marshall and Plumb [2008].
The large scale temperature gradients on the meridional plane (and the accompanied pres-
sure gradients) lead to the establishment of a zonal mean wind field following geostrophic
balance (Andrews et al. [1987]), which is shown in Figure 2.4. The middle and upper
stratosphere are characterized by mean zonal mean westerlies in the winter hemisphere
and mean zonal mean easterlies in the summer hemisphere. The lower stratosphere is
characterized by a zonal wind pattern that is more or less symmetric around the equator.
It is dominated by westerly flow on both hemispheres (compare Figure 2.4 below 20 km
height). This symmetric structure of westerly flow reaches down into the troposphere and
Figure 2.4: Observed monthly and zonally averaged zonal wind in [m/s] for January.
Figure from Holton [2004].
peaks in the tropospheric jet streams.
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The strong zonal wind field in the stratosphere is accompanied by a residual flow - the
global meridional circulation. The meridional circulation is driven by extratropical wave
forcing (termed the extratropical pump by Holton et al. [1995]). It is characterized by
an ascending of air masses over the tropics, poleward motion and a descending of air
masses over the poles during autumn and spring. During winter and summer the upward
motion is shifted towards the summer pole and the meridional motion is predominantly
directed towards the winter pole. This circulation is called Brewer-Dobson-Circulation
(BDC) after Brewer [1949] and Dobson [1956] who found that a meridional transport
would be necessary to establish the observed tracer distribution in the stratosphere. The
main characteristics and ongoing research on the BDC have been recently summarized in
a review paper by Butchart [2014].
In the winter hemisphere the establishment of a strong westerly flow leads to the develop-
ment of a stratospheric jet at high latitudes also called the polar night jet as it developes
only during polar winter. This jetstream builds the outer edge of the polar stratospheric
vortex (which is centered at the pole) separating polar air masses from lower latitude air
masses.
The winter stratosphere is exposed to much higher variability compared to the summer
stratosphere. This is due to wave-mean flow interaction, which is dependent on strength
and sign of the mean zonal wind field. Following Charney and Drazin [1961], stationary
planetary waves can only exist in a westerly wind field with wind speeds lower than a
critical value. Therefore, stationary planetary waves can only propagate into stratospheric
layers during the extended winter season (November to March) as the mean zonal wind-
field in the stratosphere is westerly only during that time.
The dissipation of upward propagating planetary waves disturbes the mean zonal wind
field and thereby increases variability. It can lead to a shift and/or to a decrease in
strength of the jetstream and therefore to a disturbance of the stratospheric polar vortex
culminating in its breakdown. The breakdown is either hallmarked by a displacement
or by a splitting of the vortex (Andrews et al. [1987]). It takes only a few days and is
accompanied by dynamical heating. Therefore, the breakdown of the winter stratospheric
polar vortex is referred to as a sudden stratospheric warming (SSW). The occurence of a
stratospheric warming was first discovered by Scherhag [1952].
There are different kinds of SSWs, described for example in Labitzke and Naujokat [2000].
A warming event in general as defined by the World Meteorological Organisation (WMO),
for example in Andrews et al. [1987], is an event for which the latitudinal gradient in zonal
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mean temperature between 60◦N and the pole is positive at 10 hPa or below (i.e. the
zonal mean temperature at 10 hPa increases from 60◦N towards the pole). If, addition-
ally, the zonal mean wind reverses its sign at 60◦N and 10 hPa, i.e. changes from westerly
to easterly, the event is called a major warming. If the westerly flow at 60◦N and 10
hPa is preserved, the event is called a minor warming. The transition of the zonal mean
flow from winter (westerly) to summer (easterly) conditions is called the final warming.
The WMO definition of SSWs has been adapted, extended or simplified (see for example
Charlton and Polvani [2007]). Depending on the research question also other defintions
to describe such events or anomalies of the stratospheric polar vortex strength in general
can be used. A widespread method, also used in this thesis, is to define weak and strong
vortex events, where an SSW would be part of the weak vortex events, using the North-
ern Annular Mode or Arctic Oscillation patterns. This method is described in detail in
Section 3.3.1.
As already mentioned by Hines [1974] the interaction between upward propagating plan-
etary waves and the zonal mean flow leads to a downward phase propagation of zonal
mean zonal wind anomalies within the stratosphere. The question arose whether the
anomalies in zonal mean zonal wind can also propagate as far as to reach the troposphere
and influence conditions there. Baldwin et al. [1994] and Perlwitz and Graf [1995] con-
nected anomalies in the northern winter hemisphere polar vortex with anomalies in the
troposphere. Both found a correlation between the North Atlantic Oscillation (NAO -
see Section 2.2.1) in the troposphere and the strength of the stratospheric polar vortex.
Their analyses did not allow to judge whether this relation was forced by the stratosphere
or the troposphere. In 1999, Baldwin and Dunkerton used the definition of the Arctic
Oscillation (AO - see Section 3.3.1) to investigate the coupling between stratosphere and
troposphere. They found that AO signals can propagate down from the stratosphere into
the troposphere (Figure 2.5) and concluded that stratospheric events are precursors to
tropospheric events when the stratospheric AO amplitude is large and persistent (Baldwin
and Dunkerton [1999]). This is valid only for low-frequency variability (timescales larger
than a month) and not for day-to-day variability.
Baldwin and Dunkerton [2001] extended this analysis using the AO index for characteriz-
ing the strength of the polar stratospheric vortex. They defined weak and strong vortex
events and used composite analysis to show the downward propagation of the signal as
well as the strong persistence of the anomalies (of about 60 days) in the troposphere.
They did also find a shift in the probability density function of the NAO connected to
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Figure 2.5: Correlations between the 90-day low-pass filtered AO timeseries at 10 hPa
on January 1st with the AO timeseries at all levels for November to March. Figure from
Baldwin and Dunkerton [1999].
stratospheric polar vortex events. For strong (weak) vortex events the possibility of a
positive (negative) NAO increases. This is consistent with the findings of Baldwin et al.
[1994] and Perlwitz and Graf [1995], only now the direction of the forcing is downward
(from the stratosphere to the troposphere). This finding is of great importance for the
coupling between stratosphere and ocean and will therefore also be analyzed in this work.
2.2 Troposphere-Ocean-Interaction
As the troposphere is the communicating layer between stratosphere and ocean its dy-
namics and variability are of great importance for analyzing the stratospheric impact on
the North Atlantic circulation. It will therefore shortly be described in the following.
The troposphere is a highly dynamic layer of the atmosphere. Tropospheric dynamics
are driven by the absorption of solar radiation at the surface as well as within the tro-
pospheric column mainly by water vapor and clouds but also influenced by greenhouse
gases (GHGs) and aerosols. A temperature gradient between equator and pole on both
hemispheres drives a meridional circulation (from equator to pole) that is devided into
two thermally direct circulation cells (Hadley cell in the tropics and polar cell at high
latitudes) and one thermally indirect circulation cell in the middle latitudes (the Ferrel
cell). Between Hadley and Ferrel cell a westerly wind jet stream develops - the subtropical
jet. Its maximum is located at about 30◦ latitude and 200 hPa height of the respective
winter hemisphere (Figure 2.4). On the summer hemisphere the jet is shifted poleward
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and the amplitude is smaller compared to the winter hemisphere. Although the maximum
is located at about 10 km height the westerly orientation of the wind field is sustained
at lower altitudes. Therefore, especially during winter, the zonal mean zonal wind in the
middle latitudes is characterized by westerly flow.
As the troposphere is connected to the Earth’s surface, it is also influenced by boundary
processes exchanging momentum, heat and trace species. The evaporation of water is
an important feature of energy transfer between atmosphere and land as well as between
atmosphere and ocean. The ocean does also play an important role in heat redistribu-
tion, especially at low latitudes. It is known to integrate high-frequency variability of the
atmosphere serving as a long-term memory of tropospheric conditions that can feed back
on the atmosphere, e.g. through reemergence of previous winter conditions (Alexander
and Deser [1995]) but also on longer timescales for example through the variability of the
meridional overturning circulation (MOC) in the ocean.
The next sections will focus on tropospheric and oceanic conditions in the North Atlantic
(NA) sector as this is the region of interest in this thesis: the North Atlantic Oscillation
(NAO) and the Atlantic Meridional Overturning Circulation (AMOC) are described and
a link between both is drawn.
2.2.1 North Atlantic Oscillation
The North Atlantic Oscillation (NAO) is the leading mode of sea level pressure (SLP)
anomalies in the North Atlantic (NA) region during winter. It was first described by
Walker and Bliss [1932]. Since then a tremendous amount of research addressing the def-
inition of the NAO and its influences on European weather was carried out (for a review
see Hurrell et al. [2003]).
The NAO can be regarded as the Atlantic part of a seesaw in atmospheric pressure be-
tween polar and middle latitudes on the Northen Hemisphere (Thompson et al. [2003]).
The hemispheric mode is characterized by the Arctic Oscillation (or Northern Annular
Mode), which is described in more detail in Section 3.3.1. This pattern does also affect
higher altitudes and is therefore of importance considering the connection between strato-
spheric levels and the surface anomaly pattern (the NAO).
There are basically three different methods to define the spatial signal of the NAO: Em-
pirical Orthogonal Function (EOF) analysis, one-point correlation and cluster analysis.
An overview of these methods can be found for instance in Hurrell and Deser [2010]. The
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according timeseries (an NAO index) can be derived from the results of an EOF analysis
as well as from a cluster analysis. It can also be defined as a station based index, like, for
example, in Hurrell [1995], who defined the winter mean NAO index as the difference of
the normalized December to March (DJFM) SLP difference between Lisbon (Portugal)
and Akureyri (Iceland).
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Figure 2.6: NAO in ERA-40 data. a) Station-based (black), as well as EOF-based
(blue) indices are depicted. The 5-year running mean is calculated from the station
based index (bold line), b) NAO pattern as received from regression of the EOF-based
NAO index onto NH SLP data in [hPa]. Contour interval is 0.3 hPa with negative values
being represented by dashed lines. The black dots indicate the grid point locations used
to calculate the station-based NAO Index.
Figure 2.6 features an example for the NAO index and NAO SLP pattern for 1958 to 2012
in ERA-40 data (for more details on ERA-40 see Section 3.2). The NAO index (Figure
2.6a) is shown for a station based and for an EOF based analysis. For the EOF analysis
the NA region between 20 and 70◦N and between 90◦W and 40◦E (Hurrell et al. [2003])
is used. The resulting pattern explains about 50% of the NA variability. The difference
between the methods is very small, suggesting that the NAO index is not sensitive to the
method. The SLP pattern (Figure 2.6b) is derived by projecting the northern hemisphere
SLP anomaly onto the EOF derived NAO index. It shows that a positive NAO (positive
NAO index) is characterized by a negative SLP anomaly over the Greenland Sea and by a
positive SLP anomaly over the middle latitude NA region covering also southern Europe.
So, during a positive (negative) phase of the NAO the SLP gradient between Iceland and
Portugal is stronger (weaker) than usual. This leads to stronger (weaker) than normal
westerlies over the NA ocean, which is connected to a shift in the stormtrack influencing
winter weather conditions over Europe (Visbeck et al. [2001], Hurrell and Deser [2010]).
During the positive (negative) phase of the NAO the anomalous westerly flow transports
relatively warm (cold) and moist (dry) air over central and northern Europe, leading to
mild (cold) and wet (dry) winter conditions in northern Europe (Figures 2.7 and 2.8,
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Hurrell et al. [2003]). Southern Europe is characterized by drier (wetter) than normal
Figure 2.7: NAO surface air temperature pattern in [10−1 ◦C] corresponding to a pos-
itive phase of the NAO index. The contour increment is 0.2◦C. Temperature changes
greater than 0.2◦C are indicated by dark shading, and those smaller than -0.2◦C are
indicated by light shading. Regions of insufficient data are not contoured, and the zero
contour has been excluded. Figure from Hurrell et al. [2003].
conditions. An unusual northerly flow over Greenland and Northeast Canada during the
positive phase of the NAO transports cold air masses southward influencing sea surface
temperatures (SSTs) in the western Atlantic, especially over the Labrador Sea region
(Hurrell et al. [2003]). Apart from that temperature anomaly, evaporation anomalies
exceed precipitation anomalies over the Labrador Sea region during a positive NAO.
A negative NAO phase is characterized by higher than normal temperatures and by a
lower than normal evaporation minus precipitation anomaly over the Labrador Sea region
(Figures 2.7 and 2.8).
The sea surface temperature (SST) pattern connected to the NAO is characterized by a
tripolar structure (Figure 2.9, Visbeck et al. [2003]). During a positive phase of the NAO
positive SST anomalies are found between 28◦N and 45◦N, while south and north of these
latitudes negative anomalies are found. This pattern explains 8 to 25 % of the winter SST
variability.
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Figure 2.8: NAO evaporation (E) minus precipitation (P) pattern corresonding to a
positive phase of the NAO. The contour increment is 0.3 mm/day, differences greater than
0.3 mm/day (E exceeds P) are indicated by dark shading, and differences less than -0.3
mm/day (P exceeds E) are indicated by light shading. Figure from Hurrell et al. [2003].
Figure 2.9: Correlation of reconstructed SST data set with normalized NAO index
for 1900–2000 (December to March season only). Positive values are shown with solid
contours, negative values with dashed contours, and zero correlation is represented by
a dotted line. Maximum values are on the order of 0.3 to 0.5, which means that the
NAO explains about 8–25 % of the total winter SST variance. Figure from Visbeck et al.
[2003].
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To sum this up, wind stress, heat flux and freshwater flux changes associated with a
certain phase of the NAO influence not only weather conditions over Europe but also
surface ocean conditions. This has an influence on the sea surface density distribution
and affects open ocean convection.
2.2.2 Atlantic Meridional Overturning Circulation
The ocean plays an important role in redistributing heat on Earth. Together with the
atmospheric circulation, the oceanic circulation transports heat from tropical to polar
regions. Figure 2.10a depicts the difference in transport between ocean and atmosphere.
On a global average the ocean transport is most important in the tropical regions whereas
the heat transport via the atmosphere peaks in middle latitudes (Trenberth and Caron
[2001]). The largest amount of heat transport is due to atmospheric transport. But never-
theless the influence of the oceanic transport is not negligible. Within the different ocean
basins transport of heat differs tremendously (Figure 2.10b). In the Atlantic Ocean the
transport of heat is directed towards the north in the whole basin, so that heat is trans-
ported from the southern hemisphere (SH) over the equator into the northern hemisphere
(NH). The heat transport in all basins together sums up to the mean meridional transport
depicted also in Figure 2.10a.
Figure 2.10: a) Required total heat transport from the top of the atmosphere radiation
(RT: solid line), estimated ocean heat transport (OT: dashed line), implied atmospheric
transport (AT: dashed-dotted line); b) Implied zonal annual mean ocean heat transports
for the total (black), Atlantic (violet), Indian (red), and Pacific (green) basins. The
dashed curves depict 1 std of the transports. Heat transport is given in [PW]. Figure
from Trenberth and Caron [2001].
A very famous concept describing the transport of heat within the ocean as a whole
is the “great ocean conveyer”. It was first proposed by Broecker and Peng [1982] and
revised afterwards (for a detailed historical overview on the global ocean circulation see
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Richardson [2008]). In Figure 2.11 the schematic of the ocean conveyor as described by
Broecker in 1987 is shown. It gives a very simplified picture of the ocean’s overturning
and should not be regarded as truth. Nevertheless, as already indicated in this simple
schematic, the North Atlantic (NA) Ocean plays an important role in the overturning
circulation as it is the only region on the NH where deep water masses are formed. There
is no deep water formation in the Pacific Ocean nor in the Indian Ocean. Deep waters
are formed via open-ocean convection in the NA and Arctic Seas and via shelf convection
around Antarctica.
As this work focuses on the NA region the process of open-ocean convection will be
looked at in more detail. Figure 2.12 shows a schematic overview on how open-ocean
Figure 2.11: The Great Ocean Conveyor as described by Broecker in 1987. Figure from
Richardson [2008].
deep convection takes place. The first phase is the preconditioning (Figure 2.12a), which
is necessary to destabilize the water column. This is a large-scale (in the order of 100
km) process (Marshall and Schott [1999]). The next phase is the deep convection itself
(Figure 2.12b), which takes place in plumes in the order of 1 km. Lateral exchange and
spreading (Figure 2.12c and d) eventually leads to the formation of a volume of water at
depth with homogenous characteristics (a water mass - shaded volume of fluid in Figure
2.12). The water column is restabilized separating the deep water mass from the surface
after the convection.
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Figure 2.12: Schematic diagram depicting the phases of open-ocean deep convection:
(a) preconditioning, (b) deep convection, (c) - (d) lateral exchange and spreading. Buoy-
ancy flux through the sea surface is represented by curly arrows, and the underlying
stratification/outcrops is shown by continuous lines. The volume of fluid mixed by con-
vection is shaded. Figure from Marshall and Schott [1999].
To allow for the preconditioning a strong heat flux from the ocean towards the atmosphere
is necessary. This is the case only during winter especially for regions where cold and dry
winds from land or ice surfaces blow over water (Marshall and Schott [1999]). These
winds enhance latent and sensible heat fluxes leading to an oceanic loss of heat (which
increases surface density) and favoring an oceanic loss of freshwater (also increasing surface
density). Second, to allow for deep convection the deep layers of the water column should
be of low stratification (e.g. due to last winter convection). The third prerequisite is the
doming of the isopycnals (Marshall and Schott [1999]), which brings deep waters towards
the surface exposing them directly to strong surface forcings. The doming is favored by
cyclonic ciculation (of atmosphere and ocean). The number of regions that cover all of
the prerequisites is limited. In the NA region the Labrador and Greenland Seas fulfill
these prerequisites, the Irminger Sea is also thought to be of importance in the formation
of deep water masses (Marshall and Schott [1999], Pickart et al. [2003]).
Deep convection can be characterized by the mixed layer depth (MLD). The maximum
MLD is reached during March. Therefore, this month is used to investigate the strength
of winter deep convection. In Figure 2.13a the observed1 March MLD and in Figure 2.13b
1World Ocean Database 2005 (WOD05) - a gridded monthly hydrographic database of the world ocean,
Boyer et al. [2006]
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Figure 2.13: March Mixed Layer Depth in [m] in a) WOD05 and b) SODA. Figure
from Schott et al. [2009].
the March MLD from an ocean assimilation product (SODA2) are depicted. The MLD
is in this case defined as the depth at which the density exceeds the surface density by
0.1 kg/m3 (Schott et al. [2009]). Comparing the MLD inferred from hydrographic data
and the result from SODA shows that there are some differences in the maximum depth
reached. This becomes also obvious in Figure 2.14 which shows the temporal evolution
of the MLD at one location in the Labrador Sea (K1 - indicated in Figure 2.13) for
observations (dots) and SODA (thick line). In SODA maximum depths of about 1000 m
(peaking in 2006 with a maximum depth of about 1500 m) are reached. The observations
Figure 2.14: MLD timeseries in SODA (lines) and observations (dots) in the Labrador
Sea (thick black line) and in the Irminger Sea (thin black line) - locations are indicated
in Figure 2.13. Figure from Schott et al. [2009].
on the other hand show maximum values, that exceed those of SODA in almost all cases,
peaking in 1995 with a MLD greater than 2000 m. The regions of maximum MLD though
are very similar between observations and SODA (Figure 2.13). They are to find in the
Labrador Sea, the Irminger Sea and between Iceland and the British Isles. These deep
convection sites, especially the Labrador Sea, serve as regions for deep water formation.
These deep waters are transported south at depth and build the lower limb of the Atlantic
Meridional Overturning Circulation (AMOC).
2Simple Ocean Assimilation Model, Carton and Giese [2008]
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The AMOC transports warm water masses northward (at upper layers) and cold water
masses southward (at deep layers). It is defined as the zonally integrated volume flux
in the Atlantic Ocean as a function of latitude and depth (Lozier [2012]) and can be
represented by a meridional stream function. Figure 2.15 features the meridional stream
Figure 2.15: Atlantic meridional overturning streamfunction for the Simple Ocean
Assimilation Model (SODA) in [Sv]. (1 Sv = 106 m3/s). Positive values with contour
intervals of 2 Sv, negative values with contour intervals of 0.5 Sv. Figure from Schott
et al. [2009].
function in the NA Ocean based on SODA. The maximum of the stream function is located
at a depth of about 1000 m and a latitude of about 35◦N. The maximum is slightly larger
than 16 Sv and lies within the observation-based estimates from Schott and Brandt [2007]
and Kanzow et al. [2010] (compare the following sections).
Figure 2.15 shows the AMOC north of 35◦N only. To get an impression on how the
water mass distribution and meridional circulation looks like in the Atlantic ocean from
the south to the north pole, Figure 2.16 shows a salinity section of the whole western
Atlantic ocean. The spreading of the different water masses is indicated by arrows. The
meridional circulation of the whole Atlantic Ocean can be summarized as follows: Deep
water masses, summarized as the North Atlantic Deep Water (NADW), are formed in
the NA region (in deep convection zones in the Arctic Ocean as well as in the Labrador
Sea). These water masses are transported south in the deep ocean. Part of it is upwelled
in the southern ocean, the rest is redistributed into the other basins. Surface currents
transport warm and salty waters northward (balancing the southward transport in the
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Figure 2.16: Meridional Cross Section of Salinity in the western Atlantic Ocean. Water
masses as well as their pathways are indicated. Figure from Lozier [2012].
interior). This influence on the surface temperatures in the NA basin leads to the fact
that the variability of the AMOC can also be connected to a variability pattern called the
Atlantic Multidecadal Variability (AMV)3. It describes anomalies of the NA sea surface
temperatures (SSTs) on a multidecadal timescale (Kushnir [1994], Sutton and Hodson
[2005]) and is connected to the strength of the AMOC. This connection can be described
as follows: An increase in AMOC strength leads to a stronger transport of subtropical
warm water masses towards the North influencing the overall NA SST characteristics with
a certain timelag. In the low-top model used in the present study the AMV lags behind
the AMOC by 2 years (Danabasoglu et al. [2012a]).
In the NA basin the currents that transport warm subtropical water northward are called
the Gulf Stream and the North Atlantic Current (NAC). They highly influence near surface
air temperatures, especially in Europe. Therefore it is of great interest to understand how
AMOC variability is driven.
The next section will give a short overview on how the circulation in the subpolar NA
region looks like and how deep water masses that form the deep branch of the AMOC are
generated.
3The Atlantic Multidecadal Variability (AMV), also referred to as the Atlantic Multidecadal Oscillation
(AMO), is defined by Sutton and Hodson [2005] as the average of the detrended annular mean SST
anomalies over the region 0◦ to 60◦N and 75◦W to 7.5◦W. A low-pass filtered timeseries is usually used
as an AMO index.
20 Chapter 2. North Atlantic Climate Variabilty
2.2.2.1 Ocean Circulation in the Subpolar North Atlantic and NADW For-
mation
The circulation in the subpolar NA basin is illustrated schematically in Figure 2.17. Warm
and salty subtropical waters are transported north via the NAC, which is represented by
the red arrows in Figure 2.17. Further north it transforms into the Irminger Current
(orange arrows) and splits into a northward and an eastward propagating branch. Some
of the Irminger Water (still relatively warm and salty) is transported into the Norwegian
Sea, another part is recirculated along the coast of Greenland into the Labrador Sea.
Deep water masses, depicted in blue, are generated in the Arctic Sea and transported into
the subpolar NA as overflow water over the Denmark Strait (Denmark Strait Overflow
Water - DSOW) as well as over the Iceland Scotland throughflows forming the Iceland
Scotland Overflow Water (ISOW). The formation of overflow water and the transport of
these dense water masses are also shown schematically in Figure 2.18. Part of the ISOW
is directly transported towards the south, whereas the larger part of the ISOW reaches the
western part of the basin and propagates cyclonically along the topography (Schott and
Brandt [2007]). It merges with the DSOW at the southern tip of Greenland. On their way
DSOW as well as ISOW entrain water and increase their volumes (indicated in Figures
2.17 and 2.18). They circulate around the Labrador Sea and form the lower part of the
Deep Western Boudary Current (DWBC), which forms the main pathway for southward
transport. An additional contribution to the DWBC is the Labrador Sea Water (LSW)
which is formed by deep winter open-ocean convection in the center of the Labrador Sea.
LSW is represented by white arrows in Figure 2.17. Part of it is recirculated within in the
subpolar NA basin while the other part builds the upper layer of the DWBC transporting
cold and dense waters south along the coast of North America. Figure 2.17 includes
transport estimates for the different ocean currents in Sv (1 Sv = 106 m3 s−1). The total
volume transport of cold and dense waters at depth (in the form of the North Atlantic
Deep Water - NADW, which is a combination of ISOW, DSOW and LSW) towards the
south is estimated to be about 16 Sv ± 2 Sv (Schott and Brandt [2007] and references
therein). This number represents the strength of the AMOC at about 43◦N (section
A2 in Figure 2.17). The estimated contribution of the different water masses to the total
southward transport are indicated in Figures 2.17 and 2.18. The DWBC transports about
13 Sv of NA waters south, the remaining 3 Sv are transported south in the interior of the
ocean basin. Approximately 4 Sv of the DWBC are made up of LSW, the remaining 9
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Figure 2.17: Circulation in the subpolar North Atlantic. Topographic features and
current branches are indicated (CGFZ = Charlie Gibbs Fracture Zone, MAR = Mid-
Atlantic Ridge; DWBC = Deep Western Boundary Current, NAC = North Atlantic
Current, DSOW and ISOW = Denmark-Strait and Iceland-Scotland Overflow Water,
LSW = Labrador Sea Water; C = Convection, E = Entrainment. Locations of moored
current-meter arrays are marked by heavy black bars. WOCE Hydrographic Program
lines A1, A2, A7 and A25 are incdicated (thin black lines).Transports are marked for
the mean DWBC (LSW layer = white box, deeper layers = blue box), for the NAC (red
box) and extensions (orange box) as well as for the shallow Arctic inflow (yellow box);
Meridional Overturning Circulation across A2 (magenta box). Figure from Schott and
Brandt [2007].
Sv are made up overflow water masses, which include waters that were entrained on their
path through the subpolar NA basin (Figure 2.17).
2.2.2.2 Variability of the AMOC
As the transport of cold waters towards the south depends on the formation rate of
NADW, the variability of the export of cold water masses should also be connected to
the variability of deep water mass formation. Unfortunately, the estimation of AMOC
variability from observations as well as the direct measurement of deep water formation
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Figure 2.18: Scheme of the formation of North Atlantic Deep Water. Arrows on the
map (left) indicate the overflow (blue) and compensating inflow (red). On the schematic
section (right), temperatures in [◦C] and volume transports in [Sv] are approximate
values. Figure from Hansen et al. [2004].
is difficult (Schott and Brandt [2007], Lozier [2012]). Measurements of the deep water
formation rate, which is restricted to the winter season, are compromised by sea ice
and unhospitable weather conditions, that make it impossible to carry out measurements
using research vessels during that period. Measurements are therefore either carried out
during summer or via the installation of moorings (allowing only point measurements).
Nevertheless, NA deep convection zones (such as the Labrador Sea) have been a focus of
physical oceanographic studies in the last decades. The contribution of overflow variability
to the variability of the AMOC is less well studied (Lozier [2012]). The variability in
LSW formation is regarded as a very important component to the variability of DWBC
transport and the total overturning circulation variability. The relationship between LSW
formation and the transport in the DWBC was shown in model experiments (e.g. Bo¨ning
et al. [2006]) but are hard to confirm with observations. Dengler et al. [2006] found a
contradiction between LSW formation rates and the strength of the DWBC at the exit of
the Labrador Sea using observational data (from 1996 to 2005). As the formation rate of
LSW decreased during this period, the strength of the Deep Labrador Current increased.
Measuring the strength of the AMOC is not easy as well. Historically, the DWBC was
regarded as the pathway, that deep water masses take when travelling south. This is now
questioned as different experiments, releasing floats within the density range of the LSW
core in the DWBC (see for example Schott and Brandt [2007] or Lozier [2012] for an
overview), could not support this hypothesis. The floats would rather recirculate into the
interior of the subpolar North Atlantic than drift southward. This implies that measuring
the DWBC transport alone does not represent the total southward transport of NADW.
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Therefore, the interior of the Atlantic ocean gained a lot of interest in recent years. In 2004,
the first project to monitore the basin-scale overturning circulation in the Atlantic Ocean
was initiated. The program is called RAPID-MOC (Rapid Climate Change Program -
Atlantic Meridional Overturning Circulation). To monitore the overturning circulation
meridional velocities were measured along 26.5◦N covering boundary currents as well as
the interior ocean transport across this latitude. The program is described in Cunningham
et al. [2007]. It provides the first continuous basin scale time series of the AMOC to the
scientific community. Rayner et al. [2011] give an overview about the main results gained
from the first four deployment years. They detected a strong intraseasonal variability in
the AMOC from April 2004 to April 2008. The mean meridional transport at 26.5◦ N was
estimated to be 18.7± 2.1Sv (Kanzow et al. [2010]). This is about 2 Sv stronger compared
to the estimate of Schott and Brandt [2007] at 43◦N. The strength of the AMOC ranged
from a minimum of 5 Sv to a maximum of 30 Sv during one year. This finding makes
it hard to use short time measurements or point measurements for the evaluation of the
total transport as the seasonal cycle masks the low-frequency variability. Long time series
would be necessary to investigate the influence of different deep water formation regions
on the variability of the AMOC.
Additionally, the variability of the AMOC is found to be a function of latitude (Lozier
et al. [2010], Biastoch et al. [2008]). Lozier et al. [2010] found that variability of the
AMOC is much higher in the subtropics compared to the subpolar region. This means
that the only long-term measurement of the AMOC covering the whole Atlantic basin is
characterized by larger variability than that expected at higher latitudes. The amount
of variabilty influenced by deep water formation in the Labrador Sea compared to the
variability in the overflow is therefore not easy to estimate from direct observations.
In this work the overflow rate will not be used. The focus will rather lie on the influence of
stratospheric events on anomalies in maximum MLD in the NA region and the potential
effect on the variability of the AMOC through deep water formation in general.
2.3 Stratosphere-Troposphere-Ocean Coupling
AMOC variability is at least partly driven by variability in the formation of deep water
masses in the North Atlantic. As the export of overflow waters from the Arctic Seas
into the North Atlantic is hypothesized to be stable (Lozier [2012]), the largest source of
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variability comes from the formation of LSW. The formation of deep waters in general
depends on the stability of the water column. To initiate deep convection (reaching depths
of 1500 to 2500 m) a few prerequisites have to be fulfilled: low stratification at depth,
doming of the isopycnals due to Ekman pumping initiated by cyclonic wind anomalies
and an intense buoyancy loss due to heat and freshwater fluxes that increases the sea
surface density. Without a sufficient buoyancy loss convection will not start. Therefore
atmospheric variability is a very important driver of deep convection and eventually of the
AMOC. In the North Atlantic region the NAO is the dominant atmospheric variability
pattern (compare Chapter 2.2.1). It influences heat and freshwater flux as well as wind
stress over the region of interest. A positive NAO phase is associated with negative SST
anomalies over the Labrador Sea (compare Figure 2.7) and with a larger evaporation than
precipitation rate (compare Figure 2.8). Both anomalies lead to an increase of density
(temperature decrease and increase of salinity due to a loss of freshwater). Eden and
Jung [2001] forced an Ocean General Circulation Model (OGCM) solely by NAO related
surface fluxes (heat, wind and freshwater fluxes). They found that interdecadal North
Atlantic circulation variability can be described as the lagged response to interdecadal
NAO-like surface heat flux variability. So, NAO-related surface fluxes are connected to
the variability in the AMOC.
As the NAO can be regarded as part of the hemispheric seesaw in atmospheric mass
between pole and middle latitudes, and as the stratosphere is known to influence this
pressure pattern, stratospheric anomalies that penetrate into tropospheric layers could
influence the variability of the AMOC through influencing the NAO. This response will
be looked at in more detail in this thesis.
Chapter 3
Data and Methods
3.1 Model description and experimental design
In this thesis two coupled climate models of the same model family from the National
Center of Atmospheric Research (NCAR) are investigated. They were chosen to allow for
a comparison between a stratosphere resolving (high-top) and a stratosphere not resolving
(low-top) model as land, ocean and sea ice components are identical and the underlying
physics in the atmosphere components is the same (Hurrell et al. [2013]). Both models
are part of the Coupled Model Intercomparision Project Phase 5 (CMIP5), though the
runs from the high-top model used in this work were not carried out as part of CMIP5
but by the group of Katja Matthes using the CMIP5 recommendations (Hansen et al.
[2014]). An overview about the models and experiments used in this thesis can be found
in Table 3.1.
3.1.1 CESM1(WACCM)
The high-top model is an Earth System Model and part of the first version of the Com-
munity Earth System Model (CESM1) family, which is a state-of-the-art coupled model
system including an interactive ocean, land, sea ice and atmosphere component. In the
model version used here, the Whole Atmosphere Community Climate Model (WACCM)
is incorporated as the atmosphere component (Marsh et al. [2013]). WACCM is a high-
top fully-intercative chemistry-climate model extending up into the thermosphere. Its
model top is at 5.1 10−5 hPa, which is about 140 km height. It has 66 vertical levels
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Table 3.1: Models and Experiments used in this Thesis
Model Atm. Component Model Top Runs Time Span
CESM1(WACCM) WACCM4 140 km
Natural 1955 to 2099
RCP8.5 1955 to 2099
CCSM4 CAM4 40 km
Control 1053 to 1108
RCP8.5 1955 to 2099
and a horizontal resolution of 1.9◦ latitude by 2.5◦ longitude. It is designed to represent
stratospheric dynamics, including radiative processes due to stratospheric trace species
such as ozone (recall Figure 2.2). Parameterizations of non-orographic gravity waves are
included, as well as surface stress due to unresolved topography, called turbulent moun-
tain stress (TMS). Incorporating TMS improved the simulated frequency of SSWs in
CESM1(WACCM) (Marsh et al. [2013]).
The ocean component is version 2 of the Parallel Ocean Program (POP2) from the Los
Alamos National Laboratory (LANL). It has 60 vertical levels and a horizontal grid with
a nominal 1◦ resolution, which is described in Danabasoglu et al. [2006]. A detailed de-
scription of POP2 is given in Danabasoglu et al. [2012b].
The sea ice component is version 4 of the LANL Community Ice CodE (CICE4), the
land component is version 4 of the Community Land Model (CLM4). Both of these are
described shortly in Hurrell et al. [2013].
Two runs from CESM1(WACCM) are used: a control run and a GHG run that span a
period from 1955 to 2099 (145 years). The GHG scenario investigated here is the RCP8.5
scenario from the 5th Assessment Report of the Intergovernmental Panel on Climate
Change (IPCC). RCP stands for Representative Concentration Pathways (Meinshausen
et al. [2011]). The RCP8.5 scenario is the worst case scenario of these GHG projections.
It is characterized by an increase of CO2 concentrations from 379 ppm in 2005 to 936 ppm
until 2100. Apart from CO2, also the concentrations and/or emissions of other GHGs as
well as of ozone depleting substances (ODSs) are included in the scenario. For detailed
information see Meinshausen et al. [2011]. The GHG and ODS concentrations of the
period before 2005 are covered by the Historical scenario, which is based on observations
(Meinshausen et al. [2011]). The run used here as a control run follows a Natural setup
with GHG and ODS concentrations kept constant at the 1960 level (Hansen et al. [2014]).
Spectrally resolved solar variability is included in this experiment following Lean et al.
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[2005].
3.1.2 CCSM4
The Community Climate Sytem Model Version 4 (CCSM4) is a low-top coupled general
circulation model. Its atmosphere component is the Community Atmosphere Model Ver-
sion 4 (CAM4) with a horizontal resolution of 0.95◦ latitude by 1.25◦ longitude and 26
vertical levels (Hurrell et al. [2013], Gent et al. [2011]). It has therefore a higher horizontal
but lower vertical resolution compared to CESM1(WACCM). The model top reaches a
height of 3.54 hPa, which is at about 40 km and lies within the middle stratosphere. The
ocean, land and sea ice components are the same as in CESM1(WACCM).
A control as well as a GHG run are used from CCSM4. The GHG run has the same
boundary conditions as the one for CESM1(WACCM) (RCP8.5 scenario) and to allow
for a better comaprison between low and hig top model, the same period (1955 to 2099)
is chosen. The control run in this case is a simulation with constant GHG and ODS
concentrations and no solar variability. It covers a period of 55 years, which is roughly
one third of the period covered by the other model runs.
3.2 Observational Data
The 40-year European Centre for Medium-Range Weather Forecasts (ECMWF) Re-Analy-
sis (ERA-40) dataset (Uppala et al. [2005]) is used to compare the model results to data
close to observations. The ERA-40 data spans the period 1958–2002. It is extended until
2012 using ERA-Interim data (Dee et al. [2011]). In the following the designation ERA-40
is used for the extended ERA-40 set (spanning the period 1958 to 2012). The resolution
of the data used in this thesis is 2.5◦ × 2.5◦ in the horizontal and 23 levels in the vertical,
with the highest level being 1 hPa. The quality of the data changes with the quality of
the observations; strong improvements were achieved with the beginning of the satellite
era in the 1970s.
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3.3 Methods
3.3.1 Definition of Polar Vortex Events
In this thesis strong as well as weak polar vortex events are investigated. To define
these events the definition of the Northern Annular Mode (for December to February) is
used, based on the method of Baldwin and Dunkerton [2001]. The designation Northern
Annular Mode (NAM) is used as an equivalent for the term Arctic Oscillation (AO). It
was introduced by Thompson and Wallace [2000] to point out the similarities with the
Southern Annular Mode (in the southern hemisphere). In general NAM or AO illustrate
the seesaw of atmospheric mass between the pole and the middle latitudes. It was first
defined for the surface only (Thompson and Wallace [1998]) and later extended to all
levels of the atmosphere (Baldwin and Dunkerton [1999]).
In this work the nomenclature NAM is used. For each vertical level, the NAM is here
defined as the first Empirical Orthogonal Function (EOF1) of geopotential height (GPH)
anomalies north of 20◦N for the winter period (December to February). Following the
work of Baldwin and Thompson [2009] the zonal mean of the GPH anomalies was used
for the EOF analysis. The EOF analysis was carried out as described in Chapter 3.3.1.1.
The resulting pattern was projected onto the daily GPH anomaly data to get a NAM
index for each level. The NAM index at 10 hPa (NAM10hPa) was used to define weak
and strong events, respectively. The first day of a sequence of at least 5 days with
NAM10hPa ≤ −3 is defined as the central date for a weak vortex event, whereas for a
strong vortex event a threshold of NAM10hPa ≥ 2.5 is required (Reichler et al. [2012]). To
select an event, at least 5 consecutive days meeting/exceeding the threshold are needed.
An interruption of the threshold by 3 days is allowed to exclude interpreting an event that
shows some variability as two individual events. The threshold definition for weak and
strong vortex events differs in absolute value as the distribution of the NAM is negatively
skewed (Baldwin [2001]).
3.3.1.1 Empirical Orthogonal Function Analysis
The empirical orthogonal function analysis (short EOF analysis) is a statistical method
used to evaluate variability patterns and their temporal evolution in, for example, geo-
physical scalar fields. The dataset is separated into different variability patterns from
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which each explains a certain amount of the total variability of the investigated scalar
field. These different variability patterns are by definition orthogonal to each other. The
demanded orthogonality has to be kept in mind when interpreting the results of an EOF
analysis.
EOF analysis is sometimes also referred to as Principle Component (PC) analysis. This
leads to different designations for patterns and timeseries among publications. In this the-
sis the patterns of variability are referred to as EOFs, whereas the according timeseries
are referred to as PCs (or indices).
The EOF analysis applied here is based on the covariance matrix, V, of the detrended
anomalies from dataset D. It is defined in equation 3.1.
V = D DT (3.1)
The solution of the eigenvalue problem in equation 3.2
V C = C Λ (3.2)
gives the eigenvalues, λi, as the diagonal of Λ and the corresponding eigenvectors, ci,
that form the matrix C. The eigenvectors represent the variability patterns. Using the
eigenvalues one can calculate the proportional variance that each eigenvector explains
compared to the total variance. The explained variance (EV) is defined in equation 3.3.
EVi =
λi
tr(Λ) (3.3)
The variability patterns that are given by the eigenvectors are now referred to as EOFs.
EOFs are stationary variability patterns that do not change their shape with time. The
temporal change of the pattern is described by the PC timeseries, which is calculated by
multiplying the scalar field of interest with the eigenvectors (equation 3.4).
PCi = D ci (3.4)
The EOF with the highest EV is referred to as EOF1, the one with the second highest EV
is referred to as EOF2 until EOFN, where N is the number of eigenvectors. The according
PCs are referred to as PC1, PC2 ... PCN.
In case of calculating the Northern Annular Mode, D represents the December to February
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(DJF) mean of the detrended zonal mean GPH anomaly at a certain level. The leading
EOF, EOF1, is referred to as the NAM pattern for each level individually. They are
normalized using standard deviation. The positive phase of the NAM is defined by a
negative anomaly over the pole and a positive anomaly over the middle latitudes. For the
calculation of the PCs a daily resolved year round dataset of the detrended zonal mean
GPH anomalies is used. Thereby a daily NAM index for each level is derived.
3.3.2 Index Definitions
3.3.2.1 North Atlantic Oscillation
Following Hurrell [1995] the NAO index is defined as the difference in normalized SLP
anomaly between Iceland and the Azores. According to the resolution of the data the
grid points closest to the stations Akureyri (65.7◦N, 18.1◦W) and Lisbon (38.8◦N, 9.1◦W)
were used. Anomalies were calculated and the DJF mean was derived. After that the
indices were detrended and normalized using their standard deviation. The station data
is normalized to avoid differences in variability (which is much greater for the Iceland
station compared to Portugal). As the last step the difference between both indices was
calculated (Akureyri minus Lisbon), resulting in the station-based NAO index.
For comparison also an EOF based index was calculated by carrying out an EOF analysis
for detrended SLP anomalies in the North Atlantic region between 20 and 70◦N and
between 90◦W and 40◦E (Hurrell et al. [2003]).
3.3.2.2 Atlantic Meridional Overturning Strength
For the description of the strength of the Atlantic Meridional Overturning Circulation
(AMOC) the meridional stream function of the Atlantic basin was used. The AMOC
strength is defined as the maximum of this stream function. An index is generated using
the meridional stream function at about 40◦N and 1000 m depth. This region was chosen
as it displays a region close to the maxima of the stream functions for the models used in
the analysis (Figure 4.10).
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3.3.3 Anomaly Calculation and Detrending
When referring to anomalies in this thesis, the climatology was removed from the data
for two distinctive periods individually: period 1 being 1955 to 2026, period 2 being 2027
to 2099. This was done due to the non-linear character of the global warming trend
(McLandress and Shepherd [2009]). Linear trends were also removed for these two period
independently. This differentiated climatology calculation and detrending was also applied
to the CESM1(WACCM) Natural experiment (although a trend in this dataset was not
expected) to avoid differences in the results between GHG and control experiment that are
due to the detrending method. For the CCSM4 Control experiment and for the ERA-40
data no differentiating between periods was applied due to the shorter timespans these
datasets cover.
3.3.4 Composite Analysis
To connect stratospheric events to anomalies at the surface and in the ocean composite
analysis was used. Composite analysis, in general, is based on calculating the mean over
certain events in time. These special points in time are chosen according to a certain
criteria. In this thesis, the central dates of weak and strong vortex events respectively
were selected in time according to the criteria given in Section 3.3.1. First, the mean of
these events including 90 days before and after the central date were calculated resulting
in composites that show the evolution of an average vortex event (weak and strong) on a
height-lag plain with the central date of a vortex event being lag zero. Second, the means
of different atmosphere and ocean parameters following the central dates (3 months) were
calculated, resulting in longitude-latitude composites that show the average state of a
certain parameter within the 3 months after a stratospheric vortex event.
3.3.4.1 Significance Testing
To test the composites for significance a bootstrapping (Monte Carlo) approach was ap-
plied (similar to de la Torre et al. [2012]). Therefore 1000 randomly produced central
dates are used to calculate random composites. The randomly selected central dates are
designed to lie in those months in which the real central dates occur. The tested hy-
pothesis is whether the real composites are significantly different from the set of random
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composites. Significance is reached when the real composites lie within the lowest or
highest 5% of the distribution drawn from the random composites.
Chapter 4
Atmospheric and Oceanic
Conditions in Model Simulations
and Reanalysis
In this Chapter the mean conditions of atmosphere and ocean that were adressed in
Chapter 2 are presented for the CESM1(WACCM) and CCSM4 data. The results are
compared to ERA-40 data in the case of atmospheric variables and to other observations
(SODA and WOD05) that were presented in Chapter 2.2.2 regarding the maximum mixed
layer depth (MLD) anomalies.
4.1 Stratospheric Polar Vortex Events
As explained in Chapter 3.3.1 the occurence of stratospheric polar vortex events is de-
fined using the Northern Annular Mode (NAM) for the boreal winter season (December to
February). To give an example on how the NAM looks like in the model data this section
will give a short overview on the structure of the NAM in the model data compared to
the ERA-40 reanalysis data set and will then proceed with the characteristics of weak and
strong polar vortex events.
The positive phase of the NAM is characterized by a negative anomaly in zonal mean
geopotential height (GPH) over the pole and a positive anomaly in zonal mean GPH
over the middle latitudes (Figure 4.1). It is therefore connected to a strengthening of the
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westerly wind regime, that dominates during winter, and consequently to a strengthening
of the stratospheric polar vortex. The characteristics of the negative phase are opposite
to that of the positive phase.
The comparison between model data and reanalysis (Figure 4.1a and b) shows a good
agreement in the mean structure of the NAM. The strongest anomaly is found over the
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Figure 4.1: Vertical profile of the Northern Annular Mode in a) ERA-40 data and b)
CESM1(WACCM) Natural. Each level is normalized by its standard deviation. Contour
interval is 0.25. Dimensionless.
pole ranging from about 100 hPa to 1 hPa in CESM1(WACCM). In the ERA-40 data this
region is smaller and shifted to lower altitudes.
The highest values of explained variance are found in the stratosphere (Figure 4.2), with
percentages exceeding 80%. This indicates that the NAM is by far the most important
variability pattern in the stratosphere. In the troposphere the maximum explained vari-
ance (about 55%) is reached between 600 and 700 hPa in the model data and at about 850
hPa in the ERA-40 data. The minimum of explained variance can be found at the 300 hPa
level, with values of 52% for the model data and 46% for the ERA-40 data. This minimum
can be explained by the large influence of other variability patterns, such as the Pacific
North American Pattern (PNA) that was shown to influence atmsopheric variability es-
pecially around the 300 hPa level in Baldwin and Thompson [2009]. Nevertheless, also in
the troposphere a high amount (about 50%) of variance in zonal mean GPH anomaly is
explained by the first EOF, namely the NAM. The structures of the NAM in the other
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Figure 4.2: Explained Variance of the Northern Annular Mode for each level in a)
ERA-40 and b) CESM1(WACCM) Natural.
model data do not differ much from the results shown here. The explained variances in
the low-top model, though, differ from the high-top model and the reanalysis results (see
Appendix Figure A.2) as far as they are higher than observed in the troposphere and
lower than observed in the stratosphere.
To identify weak and strong vortex events the NAM index at 10 hPa was used (see Chap-
ter 3.3.1 for more details). Figure 4.3 shows the evolution for weak (Figure 4.3a) and
strong (Figure 4.3b) vortex events in ERA-40. Following Baldwin and Dunkerton [2001],
the colorcoding (red is used for negative and blue is used for positive NAM anomalies) is
used to indicate that the weakening of the vortex is connected to a warming.
There are some differences between the downward propagation of weak and strong vortex
events. For the weak vortex event the signal clearly originates in the stratosphere and
propagates downward. It reaches the surface after about 2 weeks and the tendency for a
negative NAM at the surface persists for more than 50 days. The strong vortex event on
the other hand does not show the downward propagation in such a distinct way. Signifi-
cant anomalies reaching the surface are not apparent but they persist for about 50 days
at the 200 hPa level. Strong as well as weak vortex events are followed by an anomaly of
opposite sign, originating above the 1 hPa level. This anomaly can be recognised at the
1 hPa level approximately 30 days after the central date.
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Figure 4.3: Composites of the NAM for a) weak and b) strong vortex events in ERA-40.
The definition of the central date (Lag 0) is based on the NAM10hPa, which is ≤ −3
for weak events and ≥ 2.5 for strong events. Colored regions are significant at the 90%
level. Contour interval is 0.5. The zero contour line is indicated by a bold line, negative
values are presented by dashed contours. Dimensionless.
In Figure 4.4 the persistence of weak and strong events in ERA-40 is depicted. In general
one can see that the frequency of weak vortex events exceeds that of strong vortex events.
The amount of weak and strong vortex events does of course vary with the threshold used
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Figure 4.4: Persistence of vortex events in ERA-40. Weak events are colored red,
strong events are colored blue. The bars show the number of days per winter season that
are identified as being part of a vortex event. The year indicates the start of the winter
season. The frequency of weak (red) and strong (blue) events is given in [events/decade].
to define weak and strong vortex events. Here, the thresholds used by Reichler et al.
[2012] are used. It has to be mentioned here that although one could suppose that a weak
vortex event is equal to a sudden stratospheric warming (SSW), the definiton for weak
vortex events used here results in a frequency that is lower than the frequency of observed
major SSWs (which was estimated by Charlton and Polvani [2007] to be approximately 6
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events per decade using a comparable reanalysis data set). This departure is due to the
differing definitions.
4.1.1 Polar Vortex Events in CESM1(WACCM)
Figure 4.5 shows NAM composites for weak and strong vortex events in both runs of
CESM1(WACCM). The vortex events in CESM1(WACCM) are very similar to those in
ERA-40. But, in contrast to the ERA-40 data, the strong events in the Natural run
connect significantly to the surface (Figure 4.5b) and the anomlies persist there for more
than 50 days. In the RCP8.5 run the signal is not as persistent. The anomaly of opposite
a) Weak Vortex − CESM1(WACCM) Natural
lag [days]
he
ig
ht
 [h
Pa
]
 
 
−90 −60 −30 0 30 60 90
10−2
10−1
100
101
102
−3
−2
−1
0
1
2
3
b) Strong Vortex − CESM1(WACCM) Natural
lag [days]
he
ig
ht
 [h
Pa
]
 
 
−90 −60 −30 0 30 60 90
10−2
10−1
100
101
102
−3
−2
−1
0
1
2
3
c) Weak Vortex − CESM1(WACCM) RCP8.5
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d) Strong Vortex − CESM1(WACCM) RCP8.5
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Figure 4.5: Composites of the NAM as in Figure 4.3 but for CESM1(WACCM) Natural
(a and b) and CESM1(WACCM) RCP8.5 (c and d). Weak events in a) and c), strong
events in b) and d).
sign following the weak and strong vortex events seen in ERA-40 is not significant in the
composites of strong vortex events in CESM1(WACCM), but it is apparent for the weak
vortex events (compare Figures 4.3b and 4.5a and c).
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The weak events in the two CESM1(WACCM) simulations differ from each other in
strength: the Natural experiment shows a stronger signal in the first two weeks (down
to the 100 hPa level) compared to the RCP8.5 experiment (Figure 4.5a and c). Another
difference can be found in the period before the central date. In the Natural experiment
the central date is led by a negative anomaly appearing in the mesosphere already 20
days before the central date. In the RCP8.5 simulation this anomaly is also apparent but
of much lower strength compared to the Natural run. This feature was also described in
Hansen et al. [2014].
The frequency of weak events in CESM1(WACCM) is higher than that of strong events
(Figure 4.6) and although the frequency of weak events does not differ much between the
Natural and the RCP8.5 run, the frequency of strong events is much lower for the RCP8.5
run compared to the Natural run. The difference in frequency between strong and weak
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Figure 4.6: Persistence of vortex events as in Figure 4.4 but for a) CESM1(WACCM)
Natural and b) CESM1(WACCM) RCP8.5.
events, though, is consistent with the results from ERA-40 although the frequency of weak
events is lower in the model simulations compared to the reanalysis data.
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The length of the timeseries of the model simulations makes it possible to take a look
at changes in persistence of the events with time. For the RCP8.5 run (Figure 4.6b) the
tendency for strong events increases from the 20th to the 21st century. In the Natural run
(Figure 4.6a) this is not the case, but there are periods in which the occurence of strong
or weak events is higher compared to other periods. Periods that are dominated by strong
events are for example: 1964-1967, 2009-2017, and 2074-2082; whereas for example the
period from the 1970s to the late 1990s is dominated by weak events.
4.1.2 Polar Vortex Events in CCSM4
In CCSM4 the downward propagation of stratospheric weak vortex events is not that
distinct. In the Control run the signal in the stratosphere seems to be driven by tropo-
spheric anomalies (Figure 4.7a) as the only significant connection with the troposphere
occurs about a week before the central date. In the RCP8.5 run the propagation of the
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Figure 4.7: Composites of the NAM as in Figure 4.3 but for CCSM4 Control (a and
b) and CCSM4 RCP8.5 (c and d). Weak events in a) and c), strong events in b) and d).
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stratospheric signal down into the troposphere occurs right after the central date (Figure
4.7c). The anomalies of the NAM connected to a weak stratospheric polar vortex above
the 100 hPa level are more persistent in the RCP8.5 run compared to the Control run.
This is the case for weak and for strong events.
The downward propagation of NAM anomalies connected to strong vortex events is shown
in Figure 4.7b and d. For the Control run, the pattern is similar to that from ERA-40,
whereas for the RCP8.5 run the pattern looks very different, showing positive tropospheric
NAM anomalies starting more than 50 days before the onset of the stratospheric event.
This was not observed for the CESM1(WACCM) runs (compare Figure 4.5) and might be
due to the very low amount of strong events occuring in the CCSM4 RCP8.5 run (Figure
4.8b). The low frequency of strong events in this run leads to a higher probabality for
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Figure 4.8: Persistence of vortex events as in Figure 4.4 but for a) CCSM4 Control and
b) CCSM4 RCP8.5.
significance and might falsify the picture of strong events in CCSM4 RCP8.5.
In CCSM4 RCP8.5 a frequency of strong events of only 0.6 events per decade is found,
whereas for the other model simulations this frequency ranges between 1.6 events per
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decade (CESM1(WACCM) RCP8.5) and 2.1 events per decade (CESM1(WACCM) Nat-
ural). The CCSM4 Control run is closest to the ERA-40 data; both having a frequency
of 2.0 events per decade (compare Figures 4.4, 4.6 and 4.8). So, the shortage in strong
events is not apparent in the low-top model in general - but only in the RCP8.5 run. The
method used to define strong events is therefore regarded as suitable also for the low-top
model, although the 10 hPa level used for the definition is close to the model top. Due
to the low number of strong events in CCSM4 RCP8.5 a difference in occurence between
the 20th and the 21st century can not be inferred (Figure 4.8b). The frequency of weak
events does not differ very much among the model data. It is higher in the ERA-40 data,
though. While in the RCP8.5 run from CESM1(WACCM) a decrease in frequency of
weak events between the 20th and 21st century can be found, this is not that obvious for
the CCSM4 data.
To sum this up, the downward propagtion of weak and strong polar vortex events is close
to reanalysis in CESM1(WACCM). The most striking differences between Natural and
RCP8.5 run are: 1) the negative NAM anomaly for the composites of the weak polar
vortex events in the mesosphere starting 3 to 4 weeks before the central date is much
stronger in the Natural simulation compared to RCP8.5 and 2) the connection to the
troposphere is more significant in the Natural run compared to the RCP8.5 run for the
composites of strong polar vortex events. Under the global warming scenario the number
of strong vortex events inceases from the 20th to the 21st century while the number of weak
events decreases. In CCSM4, weak vortex events connect significantly to the troposphere
only before the central date in the Control run and only for a few days after the central
date in the RCP8.5 run. For the composites of strong polar vortex events the downward
propagtion is apparent but significancy is questioned for the RCP8.5 run due to the low
amount of strong events in total.
4.2 North Atlantic Oscillation
As described already in Section 3.3.2 the North Atlantic Oscillation (NAO) is the lead-
ing mode of SLP in the North Atlantic region during boreal winter. Figure 4.9 shows
the regressions of the EOF-based NAO index onto the detrended SLP anomalies for
CESM1(WACCM) and CCSM4. During a positive NAO phase the SLP over Iceland
is anomalously low, whereas it is anomalously high over the middle latitudes in the North
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Atlantic region. But, in contrast to the result for ERA-40 (compare Figure 2.6), the NAO
patterns for the model data show an additional strongly significant signal in the Pacific
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Figure 4.9: NAO pattern as received from regression of the EOF-based NAO index onto
NH SLP data in [hPa] for a) CESM1-WACCM Natural, b) CESM1(WACCM) RCP8.5,
c) CCSM4 Control and d) CCSM4 RCP8.5. The zero contour line is depicted in bold,
negtaive values are indicated by dashed contours. The contour interval is 0.3 hPa.
sector. The SLP anomaly in the Pacific is even stronger than the anomaly in the Atlantic
Ocean. This signal is apparent in the low-top as well as in the high-top model (Figure
4.9). It might be connected to the strong El Nin˜o Southern Oscillation (ENSO) signal in
CCSM4 and CESM1(WACCM) (Deser et al. [2012], Marsh et al. [2013]).
The corresponding NAO indices are to be found in Appendix A. The indices do not show
a trend in the NAO signal but there is one distinctive feature in the CESM1(WACCM)
RCP8.5 run: for the period from 2030 to about 2060 the variability of the NAO is very
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low compared to the rest of the timeseries. Such a period of low variability is not apparent
in the other model runs, nor in the reanalysis data.
4.3 The Atlantic Meridional Overturning Circulation
To characterize the Atlantic Meridional Overturning Circulation (AMOC) in the model
data first a look at the mean meridional stream function will be taken. After that the
maximum mixed layer depth (MLD) is characterized as it is an important feature for
the variability of deep water formation and therefore also for the variability of AMOC
strength (as it was pointed out in Chapter 2.2.2).
The mean stream function of the AMOC for the different simulations is presented in Figure
4.10. The maxima of the stream functions are located at a depth of about 1000 m around
35◦N for CCSM4 and around 35◦N and 40◦N for the CESM1(WACCM) runs. The RCP8.5
a)
1
1
5
5
5
9
9
13
13 1721
CESM1(WACCM) Natural
D
ep
th
 [m
]
Latitude
 
 
40 45 50 55 60 65
0
1000
2000
3000
4000
5000
[Sv]
−25
−15
−5
5
15
25
b)
1
1
1
1
1
5
5
5
9
9
99
13
13 17
21
CESM1(WACCM) RCP8.5
D
ep
th
 [m
]
Latitude
 
 
40 45 50 55 60 65
0
1000
2000
3000
4000
5000
[Sv]
−25
−15
−5
5
15
25
c)
1
1
1 1
5
5
9
9
9
13
13 17
21
CCSM4 Control
D
ep
th
 [m
]
Latitude
 
 
40 45 50 55 60 65
0
1000
2000
3000
4000
5000
[Sv]
−25
−15
−5
5
15
25
d)
1
11
5
5
9
9
13
17
CCSM4 RCP8.5
D
ep
th
 [m
]
Latitude
 
 
40 45 50 55 60 65
0
1000
2000
3000
4000
5000
[Sv]
−25
−15
−5
5
15
25
Figure 4.10: Meridional Overturning in the Atlantic Ocean represented by the merid-
ional streamfunction in [Sv] (1Sv = 106m3/s) for a) CESM1-WACCM Natural, b)
CESM1(WACCM) RCP8.5, c) CCSM4 Control and d) CCSM4 RCP8.5. Positive values
with contour intervals of 2 Sv, negative values with contour intervals of 0.5 Sv (dashed),
the zero contour line is colored in grey.
simulations show a weaker mean overturning compared to the Natural/Control experi-
ments; the CCSM4 runs show a weaker overturning compared to the CESM1(WACCM)
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runs. The difference between Natural/Control and RCP8.5 simulations is due to the
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Figure 4.11: AMOC strenght in [Sv] at 40◦N and 1000 m depth with time for
CESM1(WACCM) Natural (blue), CESM1(WACCM) RCP8.5 (red), CCSM4 Control
(green) and CCSM4 RCP8.5 (orange). The dashed curves represent annular mean val-
ues, the solid lines represent 5-year running means. The time axis does not depict the
corresponding years for CCSM4 Control, which would span from 1053 to 1108, it is
displayed as starting in 1955.
weakening of the overturning with climate change that is apparent in both models (Fig-
ure 4.11).
Comparing these stream functions to SODA (see Section 2.2.2, Figure 2.15) one can see
that latitude position and depth of the overturning maxima in the model simulations are
very close to reanalysis. The absolute strength, though, is too high in the models. It
exceeds 21 Sv whereas the observed AMOC strength is estimated to be about 16 ± 2 Sv
at about 43◦N (Schott and Brandt [2007]).
As the strength of the AMOC is connected to the formation of deep water masses, the rep-
resentation of winter deep convection in the models is presented in the following. There-
fore, the March MLD is considered as the maximum MLD is reached in early spring,
usually during March. Figure 4.12 shows the maximum MLD for March in the model
data. The March MLD pattern in the model data compares well to the observations
(2.13) regarding the spatial distribution. The amplitude can unfortunately not be com-
pared directly as the definitions of the MLD differ between model and observational data.
For the WOD05 and SODA data the MLD is defined as the depth at which the potential
density exceeds the surface density by 0.1 kg m−3 (Schott et al. [2009]). The MLD in the
model data is defined as the depth at which potential density exceeds the surface density
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Figure 4.12: Maximum March MLD in [m] for a) CESM1-WACCM Natural, b)
CESM1(WACCM) RCP8.5, c) CCSM4 Control and d) CCSM4 RCP8.5.
by 0.125 kg m−3 (Danabasoglu et al. [2012b]). So, the threshold is stricter for the model
data. Instead of the mean March MLD that is shown in Figure 2.13, Figure 4.12 shows
the maximum MLD during March. For the model simulations the maximum MLD is used
because the mean MLD was not available as a variable for all model simulations. For those
experiments, where the mean MLD is available, the difference in spatial distribution is
very small (not shown).
The temporal evolution in MLD for the model data is shown in Figure 4.13. The region
used to calculate these timeseries is based on gridpoints close to region K1 indicated in
Figure 2.13, because for this station there are direct measurements available to compare
with. Regarding the Natural/Control runs (Figure 4.13a and c), one can see that max-
imum MLDs close to 2000 m are reached. CESM1(WACCM) shows stronger variability
in MLD (700 to 1900 m depth) on the interannual scale compared to CCSM4 (which
varies between 1700 to 1900 m). CESM1(WACCM) is thereby closer to observations
than CCSM4 (recall Figure 2.14). Another difference between the high and the low-top
model can be found in the consistency of MLD between two or more successive years.
In CESM1(WACCM), years with a low MLD are followed by years that do also show
a relatively low MLD. The maximum depth increases only stepwise. In CCSM4 this is
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Figure 4.13: Maximum MLD at K1 in [m] with time (compare Figure 2.13) for a)
CESM1-WACCM Natural, b) CESM1(WACCM) RCP8.5, c) CCSM4 Control and d)
CCSM4 RCP8.5.
Chapter 4. Model Simulations and Reanalysis 47
also the case to some degree, only there are also years where there is no deep convection
at all (MLDs of only a few meters), which are followed by years with very high MLDs.
This is not very realistic, as the previous winter conditions ifluence the strength of deep
convection in the following year (recall the preconditioning phase described in Chapter
2.2.2).
The RCP8.5 runs (Figure 4.13b and d) show a decrease in MLD with time, which is
consistent with the decrease in AMOC strength under global warming. For CCSM4 the
number of years with deep convection decreases strongly after 2020 and deep convec-
tion even stops after about 2060. The reduction of MLD under global warming is much
stronger for the low-top compared to the high-top model. A similar reduction in MLD in
the Labrador Sea under global warming was also described by Guemas and Salas-Me´lia
[2007]. Deep convection stopped in their setup after the year 2040. They used the cou-
pled model CNRM-CM31 (with the atmospheric component run on a horizontal grid of
about 2.8◦ resolution and 45 levels on the vertical) and argued that atmospheric circu-
lation in the lower stratosphere is represented correctly. The GHG scenario they used
(SRES-A1B2) is characterized by a much lower atmospheric CO2 increase compared to
the RCP8.5 scenario investigated here. Nevertheless, they find an even stronger decrease
in deep convection in the Labrador Sea. The reasons for that can not be inferred from
the analysis carried out here, but a different representation of the change in sea ice cover
and/or change in freshwarter budget under global warming are very likely. The difference
between CESM1(WACCM) and CCSM4 in MLD reduction has to be due to the atmo-
spheric forcing as ocean and sea ice componets in both models are identical.
Measurements and SODA simulations of the MLD at K1 are depicted in Figure 2.14.
Comparing these with the model results leads to the conclusion that deep convection is
overestimated in the model data (at least at K1), which is consistent with the overes-
timated AMOC strength. In the CCSM4 and CESM1(WACCM) model simulations the
mean MLD is too deep but the variability seems to be too weak and is best represented in
CESM1(WACCM) Natural. Very deep convection reaching levels below 2000 m is missing
in the model simulations but is also not captured in SODA. The regions of deep convec-
tion, though, are represented very well in CESM1(WACCM) and CCSM4.
1third version of the CNRM (Centre National de Recherches Me´te´orologiques) global atmosphere-
ocean-sea ice coupled model (CNRM-CM3)
2IPCC special report on emission scenarios A1B scenario
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In this chapter it was shown that stratospheric vortex events in CESM1(WACCM) con-
nect significantly to the surface, whereas this link is missing in CCSM4. Under the GHG
scenario the significance of downward coupling between the stratosphere and the surface
decreased for strong polar vortex events in CESM1(WACCM). In CCSM4 the number
of strong vortex events detected for this scenario was very low and the reliability of the
information gained from the composite analysis regarding this experiment is questionable.
The NAO in CESM1(WACCM) and CCSM4 shows a prominant anomaly in the Pacific
section of the NH that is not apparent in ERA-40. This feature does not change under
the GHG scenario.
The structure of the AMOC and the regions of deep water formation are represented
well in CESM1(WACCM) and CCSM4, but the strength of the AMOC is overestimated
in both models. The variability of deep water formation in the Labrador Sea, that was
investigated using maximum MLD, is better represented in CESM1(WACCM) than in
CCSM4. Under global warming the depth of the MLD decreases with time, indicating
a reduction in deep water formation in the Labrador Sea. In CCSM4 deep convection
stops in the middle of the 21st century. This is consistent with the observed decrease in
strength of the AMOC under the RCP8.5 scenario.
Chapter 5
The Connection of the
Stratosphere to North Atlantic
Climate
To examine the stratospheric influence on atmospheric and oceanic surface parameters,
in this Chapter, the patterns of different atmospheric surface variables as well as of ocean
parameters are shown as composites for weak and strong vortex events. In all cases, the
mean of three months following the onset of a weak or strong vortex event is shown. For
this analysis only monthly mean anomaly data is used to exclude low frequency variability.
First the high-top model results will be presented followed by the results for the low-top
model.
5.1 CESM1(WACCM)
5.1.1 Atmospheric Patterns
The composites of sea level pressure (SLP) in the high-top model show an NAO-like
pattern (Figure 5.1) with significant anomalies confined to the North Atlantic (NA) sector
in the CESM1(WACCM) Natural simulation for weak vortex events. For strong events in
this experiment there is also a significant signal in the North Pacific. For the GHG run the
SLP composite for weak vortex events is comparable to that of the Natural run, although
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Figure 5.1: Composites of Sea Level Pressure in [hPa] for CESM1(WACCM) Natural
(a and b) and CESM1(WACCM) RCP8.5 (c and d). Mean of three months after the
onset of weak (a and c) and strong (b and d) stratospheric vortex events. Filled contours
represent anomalies that are significant at the 90% level. The contour interval is 0.5 hPa.
the anomalies are smaller. In the case of the strong vortex events, the GHG simulation
shows significant anomalies in SLP only over the polar region (east of Greenland).
In general, a weak (strong) stratospheric vortex event is connected to a positive (negative)
SLP anomaly over the pole and to a negative (positive) anomaly over the middle latitudes.
So, the SLP composites of weak (strong) polar vortex events show some similaties to a
negative (positive) NAO-like SLP pattern (recall Figure 2.6). The composites for the
strong events are not as similar to an NAO-like pattern as the weak events are. In
the Natural simulation an anomaly in the Pacific sector is apparent that is even more
significant than the anomaly in the NA region. This feature is not common for the NAO
in reanalysis data, but it is apparent in the NAO pattern derived for the model data
(Figure 4.9). Therefore, one can conclude that the composite of SLP for strong vortex
Chapter 5. Stratosphere and North Atlantic Climate 51
events does show a positive NAO-like pattern despite the anomaly in the North Pacific.
The RCP8.5 simulation on the other hand does not show any significant anomaly in SLP
at the middle latitudes for the strong vortex events and is therefore not comparable to a
positive NAO phase.
As the composites for weak and strong vortex events show (at least partially) an NAO-like
SLP pattern, the parameters that are influenced by the state of the NAO are looked at in
more detail in the following. Variability in the SLP, that can be described by the NAO, is
connected to changes in wind stress and thereby also in surface heat fuxes over the ocean
(see Chapter 2.2.1). Figures 5.2 to 5.5 show the composites for weak and strong vortex
events of zonal and meridional wind stress as well as of latent and sensible surface heat
fluxes.
The composites of zonal wind stress (Figure 5.2) show that for the Natural as well as for
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Figure 5.2: Composites of zonal wind stress in [Pa] for CESM1(WACCM) Natural (a
and b) and CESM1(WACCM) RCP8.5 (c and d). Mean of three months after the onset
of weak (a and c) and strong (b and d) stratospheric vortex events. Coloured areas are
significant at the 90% level.
the GHG run a weak vortex event (negative NAO) is connected to an easterly anomaly
in zonal wind stress (decreasing the strength of mean zonal westerlies) whereas a strong
vortex event (positive NAO) is connected to an increase in westerly wind stress over the
middle latitudes. The strongest anomaly can be found over the eastern part of the NA
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basin between 55 and 65◦N. The weakest response is observed for the CESM1(WACCM)
RCP8.5 run. This was to be expected from the composites of SLP (Figure 5.1), showing
that the pattern that bared the smallest resemblance to the NAO, also featured the
smallest anomaly in zonal wind stress (Figures 5.1d and 5.2d). Apart from the main
signal in the central NA region, another anomaly is to find north of about 70◦N (east of
Greenland). It is apparent only in the composites for the strong vortex events. It is an
easterly anomaly and thereby of opposite sign compared to the anomaly in the central NA
basin. In the Natural run this anomaly is much more significant and of higher amplitude
compared to the RCP8.5 run.
The composites of the meridional wind stress are shown in Figure 5.3. In the Natural
simulation the composite for weak vortex events reveals a northward wind stress anomaly
west of the southern tip of Greenland, decreasing the southward transport of cold air
from the North. Between 45 and 15◦W a southward anomaly in wind stress is apparent.
This feature increases the transport of cold and dry air masses from Greenland over the
Irminger Sea. In the composite for strong vortex events there is a significant southward
wind stress anomaly located east of Greenland between 66 and 78◦N, whereas in the region
of the North Atlantic Current (recall Figure 2.17) a northward anomaly in wind stress can
be recognized. In the GHG run, the pattern of meridional wind stress anomaly connected
to weak and strong stratospheric vortex events cover the same regions as in the Natural
run, but significance and amplitude of the anomalies is much smaller.
Anomalies in strength and direction of zonal and meridional wind stress can influence the
amount of heat released from the ocean into the atmosphere. The heat fluxes responsible
for the transfer of heat from ocean to atmosphere are turbulent heat fluxes that depend
on the amplitude of the wind itself and on the difference in temperature (for sensible
heat flux) or specific humidity (for latent heat flux) at the interface between ocean and
atmosphere. That is why cold and dry winds originating from land or ice surfaces increase
the oceanic loss of heat by increasing the gradient in temperature and specific humidity
at the atmosphere-ocean interface. As the wind stress anomalies differ considerably from
the mean state for strong and weak vortex events also the turbulent heat fluxes should
feature significant anomalies connected to stratospheric events.
The latent heat pattern connected to weak vortex events is characterized by a decreased
loss of heat from the ocean to the atmosphere in the latitude range from about 50 to
65◦N for the Natural as well as for the RCP8.5 experiment (Figure 5.4a and c). This is
in line with the decreased westerly wind stress in that region (Figure 5.2a and c). There
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Figure 5.3: Composites of meridional wind stress in [Pa] for CESM1(WACCM) Natural
(a and b) and CESM1(WACCM) RCP8.5 (c and d). Mean of three months after the onset
of weak (a and c) and strong (b and d) stratospheric vortex events. Coloured areas are
significant at the 90% level.
is one difference between both experiments, as the negative anomaly in latent heat flux
in the RCP8.5 experiment covers a larger area than in the Natural run, in which also a
positive anomaly (indicating an enhanced transfer of heat from ocean to atmosphere) can
be observed north of Iceland (along about 66◦N). This difference might be connected to
the different amplitude in merdional wind stress anomaly between the Natural and the
RCP8.5 run (Figure 5.3a and c). In the Natural experiment there is a northerly anomaly
in wind stress east of Greenland between 60 and 66◦N presumably decreasing humidity
over the Irminger Sea and thereby counteracting the effect of diminished westerlies in that
region.
In the case of the strong vortex events (Figure 5.4b and d), the signal in the RCP8.5
simulation is not as significant as the one in the Natural experiment. It is hallmarked
by a stronger than usual latent heat transfer from the ocean towards the atmosphere.
The area affected is shifted towards the North by about 1◦ compared to the weak vortex
events. North of 72◦N another positive anomaly is apparent signalizing an increase in
heat transfer from ocean to atmosphere in the Greenland Sea after the onset of a strong
vortex event. This additional anomaly in latent heat flux north of 72◦N might be due to
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Figure 5.4: Composites of latent heat flux in [W/m2] for CESM1(WACCM) Natural
(a and b) and CESM1(WACCM) RCP8.5 (c and d). Mean of three months after the
onset of weak (a and c) and strong (b and d) stratospheric vortex events. Filled squares
indicate areas that are significant at the 90% level. Contours are depicted in an interval
of 2 W/m2.
the anomaly in zonal wind stress in that region (Figure 5.2b and d).
The anomaly patterns in the case of the sensible heat flux (Figure 5.5) compare well to
the ones of the latent heat flux anomalies, in such a way that weak events are connected to
a reduced heat transfer from ocean to atmosphere and strong events are connected to an
increased oceanic heat loss. These anomalies are confined to the latitude range between
about 50 and 66◦N. The differences between the Natural and the GHG experiment in
the composites for weak vortex events and the difference between strong and weak event
composites north of 72◦N, that were described for the composites of the latent heat flux
are apparent also in the composites of the sensible heat flux. The RCP8.5 simulation does
not show any significant anomalies in the composite for strong vortex events (in contrast
to the latent heat flux where there were at least a few spots with significance). The
sensible heat flux anomalies in the composites for the weak events is wider-stretched in
the case of the RCP8.5 simulation compared to the Natural one. As in the latent heat flux
anomalies in the Natural experiment a sensible heat flux anomaly of different sign occurs
north of 66◦N, only now for both, weak and strong events. A difference to the latent
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Figure 5.5: Composites of sensible heat flux in [W/m2] for CESM1(WACCM) Natural
(a and b) and CESM1(WACCM) RCP8.5 (c and d). Mean of three months after the
onset of weak (a and c) and strong (b and d) stratospheric vortex events. Filled squares
indicate areas that are significant at the 90% level. Contours are depicetd in an interval
of 3 W/m2.
heat flux composites is that there is a distinct maximum in amplitude in the sensible heat
flux anomaly connected to stratospheric vortex events, located in the Labrador Sea. The
anomalous sensible heat flux in the Labrador Sea is higher than anywhere else in the NA
region (for weak and strong events).
Summerizing, the high-top model showed a response in the NA region to stratospheric
voretx events that is comaprable to an NAO anomaly. It affects wind stress as well
as surface heat fluxes and can therefore be expected to also have an influence on the
production of oceanic water masses.
5.1.2 Ocean Response
As the composites of the atmospheric parameters already suggest, there is a pattern in
the ocean mixed layer depth (MLD) that can be connected to stratospheric polar vortex
events. These changes in MLD are represented in composites of strong and weak vortex
events in Figure 5.6. Again the maxmimum monthly MLD is regarded here (for more
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information see Section 4.3).
The preconditioning of open-ocean convection and therefore also of MLD is influenced
strongly by bouyancy loss due to turbulent heat fluxes (recall Chapter 2.2.2). As discussed
in Chapter 5.1.1 in the pace of a weak vortex event, the wind stress over the NA Ocean is
decreased and so is the oceanic heat loss. This leads to a smaller than normal buoyancy
loss during winter counteracting deep convection. This reasoning can be supported by the
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Figure 5.6: Composites of Maximum MLD in [m] for CESM1(WACCM) Natural (a
and b) and CESM1(WACCM) RCP8.5 (c and d). Mean of three months after the onset
of weak (a and c) and strong (b and d) stratospheric vortex events. Coloured areas are
significant at the 90% level.
composites of the MLD for weak vortex events (Figure 5.6a and c) showing a shallower
MLD than normal. The region most effected is the Labrador Sea as this was also the
region most effected by the sensible heat flux anomalies (Figure 5.5). In the RCP8.5 run
the region of significant anomalies connected to a weak vortex events is smaller compared
to the Natural run. The maximum of MLD anomaly is located south of Greenland in the
GHG run, whereas in the Natural run it is wider-spread covering also regions within the
Labrador Sea. For strong stratospheric vortex events (Figure 5.6b and d) the MLD signal
in the RCP8.5 simulation is not significant, which is due the already discussed lack of
NAO-like forcing in this case. In the Natural run the MLD pattern arising from a strong
vortex forcing covers a similar region as for the weak vortex events, only spreading a bit
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further towards Iceland and not as far south. The anomaly of MLD in the Labrador Sea
is larger in amplitude compared to the composites of the weak events. There is also a
MLD anomaly north of 70◦N in the Natural run that can be connected to the observed
anomalies in surface wind stress and turbulent heat flux in that region (Chpater 5.1.1).
This suggests an increase in deep water formation also in the Greenland Sea following a
strong vortex event in the Natural experiment.
In general, a weak vortex event is connected to shallower than normal MLDs, whereas a
strong vortex event is connected to deeper than normal MLDs and can thereby influence
the production of North Atlantic Deep Water. This anomaly is mainly found in the
Labrador Sea (after weak events in the Natural as well as in the RCP8.5 run and after
strong events in the Natural run). Only after a strong polar vortex event an anomaly in
MLD in the Greenland Sea can be recognized in the Natural experiment.
5.2 CCSM4
5.2.1 Atmospheric Patterns
In contrast to the high-top model the SLP patterns following weak and strong strato-
spheric polar vortex events in the low-top model (Figure 5.7) do not show a signal that
is as close to the NAO, as the SLP anomaly in the NA sector is diminished or missing.
For the composites of the weak vortex events there is a strong positive SLP anomaly over
the pole and a weak negative anomaly over the North Atlantic in the Control run. This
pattern is closest to an NAO-like SLP pattern in the CCSM4 data. In the GHG run the
anomalies over the pole and over the NA region are weaker compared to the Control run
and the negative anomaly over the NA section is confined to the eastern part of the basin.
The composites of the strong vortex events show a negative anomaly over the pole for the
GHG and the Control run, a positive anomaly over the North Pacific region for the GHG
run and a positive anomaly over Southern Europe for the Control run.
In spite of the diminished SLP anomaly over the NA sector there is a response to weak
and strong vortex events in surface wind stress (Figures 5.8 and 5.9) as well as in turbulent
heat flux (Figures 5.10 and 5.11).
The composites of zonal wind stress are depicted in Figure 5.8. As in CESM1(WACCM),
weak vortex events are connected to diminished westerlies whereas strong vortex events
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Figure 5.7: Composites of the Sea Level Pressure in [hPa] as in Figure 5.1 but for
CCSM4 Control (a and b) and CCSM4 RCP8.5 (c and d). Weak events in a) and c),
strong events in b) and d).
can be characterized by enhanced westerlies in the central NA region. In the Control run
there is another anomaly apparent in the composite for strong vortex events: an easterly
anomaly located east of Greenland north of 66◦N.
The zonal wind stress anomaly in the composites for weak events spreads further north in
the eastern part of the NA basin compared to the anomalies in the composites for strong
vortex events. Especially, in the case of the GHG run, the zonal wind stress anomalies
connected to a strong vortex event are significant only south of 60◦N in the eastern part of
the basin. In the western part of the basin they reach further north also covering regions
of the Labrador Sea.
The composites of the meridional wind stress anomaly for weak vortex events (Figure
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Figure 5.8: Composites of zonal wind stress in [Pa] for CCSM4 Control (a and b) and
CCSM4 RCP8.5 (c and d). Weak events in a) and c), strong events in b) and d). Filled
squares indicate areas that are significant at the 90% level. Contours are depicetd in an
interval of 0.008 Pa.
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Figure 5.9: Composites of meridional wind stress in [Pa] for CCSM4 Control (a and
b) and CCSM4 RCP8.5 (c and d). Weak events in a) and c), strong events in b) and d).
Filled squares indicate areas that are significant at the 90% level. Contours are depicetd
in an interval of 0.008 Pa.
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5.9a and c) are close to the pattern described for the high-top model, showing a wide-
spread negative (southward) anomaly between 45 and 15◦W. Though, a significant positive
(northward) anomaly west of Greenland is missing. In the composites for the strong vor-
tex events there is no significant signal in the NA region for the GHG run, but a very
strong anomaly pattern is apparent in the Control run. It is characterized by a negative
(southward) anomaly west of Greenland (in the Labrador Sea) and east of Greenland
(close to the coast, north of 66◦N). Additionally, there is a wide-spread positive (north-
ward) anomaly in the eastern part of the basin (south of Iceland).
According to the wind stress pattern there are also significant anomalies in turbulent heat
flux in the low-top model connected to weak and strong vortex events. Figure 5.10 shows
the latent heat flux anomalies connected to weak and strong events, whereas in Figure
5.11 the sensible heat flux anoamlies are featured. The turbulent heat flux patterns in
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Figure 5.10: Composites of latent heat flux in [W/m2] as in Figure 5.4 but for CCSM4
Control (a and b) and CCSM4 RCP8.5 (c and d). Weak events in a) and c), strong
events in b) and d).
general show a negative anomaly (lower than normal oceanic heat loss) for weak strato-
spheric vortex events and a positive (larger than normal oceanic heat loss) during strong
stratospheric vortex events. In the RCP8.5 run significant anomalies occur only in the
eastern part of the NA basin except for the sensible heat flux composite of strong vortex
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Figure 5.11: Composites of sensible heat flux as in Figure 5.5 but for CCSM4 Control
(a and b) and CCSM4 RCP8.5 (c and d). Weak events in a) and c), strong events in b)
and d). Values are given in [W/m2].
events, where a very small region in the Larador Sea shows significance. This might be
connected to the weak zonal and meridional wind stress anomalies in the western part of
the basin for this experiment especially for the composite of the weak vortex events. In
the Control run, on the other hand, there are also significant anomalies in the western
part of the basin, especially in the Labrador Sea.
In the composites for the strong vortex events there is a positive anomaly (enhanced ocean
heat loss) north of 72◦N east of Greenland. This signal is not found in the composites
for the weak vortex events. The strongest sensible as well as latent heat flux anomalies
are found in the Control run over the Labrador Sea region. An execptionally wide-spread
positive latent heat flux anomaly over the Labrador Sea in the Control run after a posi-
tive vortex event could be connected to the strong southward anomaly in meridional wind
stress over that region.
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5.2.2 Ocean Response
Although there are some significant heat flux anomalies connected to weak and strong
vortex events the significance of the MLD anomalies connected to stratospheric events
is very small in CCSM4 (Figure 5.12). It is larger for strong vortex events compared to
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Figure 5.12: Composites of Maximum MLD in [m] as in Figure 5.6 but for CCSM4
Control (a and b) and CCSM4 RCP8.5 (c and d). Weak events in a) and c), strong
events in b) and d).
weak vortex events. The signal found in the RCP8.5 scenario for strong vortex events can
not be connected to the regions of the observed heat flux anaomalies in contrast to the
signal in the Control run, where the areas of maximum heat loss after strong events do
also show a significant anomaly in MLD although it covers only a very small region.
In summary, it was shown that stratospheric polar vortex events are connected to NAO-
like SLP forcings at the surface in CESM1(WACCM). This connection is less pronounced
in CCSM4. Changes in wind stress as well as in surface heat fluxes could be found fol-
lowing stratospheric vortex events in both models, although the similarity of the SLP
response to an NAO-like pattern in CCSM4 low. The connection of stratospheric events
to the oceanic circulation was examined using the maximum MLD. In CESM1(WACCM)
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a strong signal in MLD anomalies connected to strong and weak polar vortex events was
found, with the largest anomalies in the Labrador Sea. In CCSM4 the significane of
MLD anomalies connected to stratospheric vortex events was very low for strong vortex
events and even absent for weak vortex events. Under global warming, the composites
of atmospheric and oceanic surface parameters showed in general a weaker response to
stratopsheric events.
These results lead to the assumption that the strength of the AMOC can be influenced by
stratospheric polar vortex events when the stratosphere is reasonalby resolved in a model.
5.3 Lagged Response of the AMOC to NAO and NAM
As a change in the strength of the AMOC due to an NAO-like surface forcing lags about
6-8 years (Eden and Willebrand [2001]) behind the surface forcing this section presents a
lead-lag correlation analysis linking the AMOC index (maximum of the meridional stream
function at 40◦N) to the NAO and to the NAM10hPA. The definiton of these indices is
described in Chapter 3.3.1 and 3.3.2. For the NAO the station-based index is used. For
the correlation 11-year running means are used to investigate the low-frequency relation-
ship between AMOC, NAO and NAM10hPA.
The results of the correlation analysis are presented in Figure 5.13. The blue line rep-
resents the auto-correlation of the AMOC. It shows an oscillatory behaviour ranging
between periods of 25 to 30 years for the different simulations. The black line indicates
the cross-correlation between AMOC and NAM10hPA, the red line the cross-correlation
between AMOC and NAO. The AMOC leads for positive lags. The results for the cross-
correlations differ between low and high-top model as well as between GHG and Con-
trol/Natural experiments. The only similarity can be found between the cross-correlation
of AMOC and NAO in CESM1(WACCM) Natural and CCSM4 Control. Both are highly
correlated (> 0.7) with the NAO leading the AMOC by 4 years.
In CESM1(WACCM) Natural the NAM10hPa leads the AMOC by 2 years (with a corre-
lation of about 0.6) but as the NAO leads the AMOC with a lag of 4 years, the NAO
signal that preceeds the AMOC does not seem to be driven by stratospheric processes.
In the case of CESM1(WACCM) RCP8.5 this dependency is not reproduced. Here, the
NAM10hPa leads the AMOC by 5 years (with a correlation of about 0.4) followed by the
NAO with a lower correlation coefficient (of about 0.3). This indicates that the relation
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Figure 5.13: Lead/Lag auto-correlation of AMOC (blue), cross-correlation of
AMOC with NAO (red) and NAM10hPa (black) for a) CESM1(WACCM) Natural, b)
CESM1(WACCM) RCP8.5, c) CCSM4 Control, and d) CCSM4 RCP8.5. Lag in [years].
The numbers indicate the lag with the strongest positive correlations. AMOC leads for
positive lag.
between the stratosphere, troposphere and NA ocean is influenced by global warming.
In CCSM4 Control the signal of the NAM10hPa is not evaluable, neither are the NAO
and NAM10hPa signal in CCSM4 RCP8.5 as the correlation with the AMOC is too low.
Remarkable is the change of the correlation between AMOC and NAO, that is very high
in the Control run and decreases below a correlation coefficient of 0.3 in the RCP8.5 run.
This analysis showed that the influence of the NAM10hPa on the AMOC is not appar-
ent in CCSM4. This was already suggested in the previous section as there was almost
no significance found in the relation between MLD and stratospheric polar vortex events.
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In CESM1(WACCM), on the other hand, a relation between stratospheric NAM and
AMOC can be recognized which is also consistent with the findings in the previous sec-
tion. Furthermore, both models show a strong connection between NAO and AMOC
in the Control/Natural simulation with the NAO leading the AMOC by 4 years. This
correlation decreases in the GHG simulation for both models which is consistent with the
finding that atmospheric anomalies following a stratospheric polar vortex event are lower
under global warming compared to the Control/Natural simulations.
The influence of the NAM10hPa in CESM1(WACCM) is not totally clear as there are dif-
ferences between the Natural and the RCP8.5 run. In the first case the NAO leads the
AMOC, in the second case it is the NAM that leads. This difference is very interesting
and further analysis is required to understand the physics behind it.

Chapter 6
Discussion
In this thesis the connection between the winter stratospheric polar vortex and North
Atlantic climate variability was investigated using two coupled climate models of the
same model family: a high-top, CESM1(WACCM), and a low-top model, CCSM4. To
estimate the importance of this connection under global climate change, the RCP8.5
greenhouse gas (GHG) scenario was compared to a scenario with constant GHGs and
ozone depleting substances (ODSs) for both models. Stratospheric events were defined
using the Northern Annular Mode (NAM) at 10 hPa. Anomalously weak and strong
winter polar vortex events were selected and investigated using composite analysis. The
downward propagation properties of the different events, their influence on atmospheric
and oceanic parameters and their connection to the North Atlantic Oscillation (NAO)
was described. In order to analyze the low-frequency dependence between the Atlantic
Meridional Overturning Circulation (AMOC) and the NAM/NAO a lead-lag correlation
analysis was carried out.
The downward propagation of stratospheric polar vortex anomalies is well captured in
CESM1(WACCM), for weak as well as for strong polar vortex events. At 100 hPa, weak
and strong vortex events were found to persist for more than 60 days for all cases in
CESM1(WACCM). A significant coupling to the surface is missing only in the case of
CESM1(WACCM) RCP8.5, for strong polar vortex events. In all other cases the connec-
tion between stratosphere and surface is significant and persistent for at least 40 days.
This is close to the results from reanalysis data (shown both in this thesis and in Baldwin
[2001]). In the CCSM4 simulations the downward propagation of stratospheric anomalies
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is not well represented. It is missing completely for weak vortex events, and occuring only
vaguely for strong vortex events in the Control simulation. Only very few strong vortex
events were detected for CCSM4 RCP8.5; therefore the results for these events are difficult
to evaluate. Nevertheless, a certain persistence of vortex anomalies at the 100 hPa level
is also apparent in the CCSM4 simulations, although it is not as pronounced as in the
CESM1(WACCM) simulations. The lower-quality representation of the downward cou-
pling between the stratosphere and troposphere in the low-top model was to be expected
as stratospheric dynamics are not well represented in a low-top model. This difference
between the low- and high-top models is consistent with a study of Charlton-Perez et al.
[2013], who investigated about 20 CMIP5 models and found much weaker persistence
of negative NAM anomalies in the troposphere in low-top models compared to high-top
models. For CCSM4 in particular, Marsh et al. [2013] showed that the occurrence of
sudden stratospheric warmings (SSWs) is far below the observed frequency, and that the
downward propagation of negative NAM anomalies is practically absent in that model.
Since the most pronounced connection between the stratosphere and the surface was found
for the CESM1(WACCM) Natural and CESM1(WACCM) RCP8.5 simulations (only for
weak vortex events in the latter case), these simulations were also expected to show the
largest stratospheric signal on atmospheric and oceanic parameters at the air-sea inter-
face. The composite analysis showed that this assumption was correct. Stratospheric
polar vortex events connect well to an NAO-like signal at the surface for these simula-
tions. For weak vortex events a negative NAO-like response was found, whereas for strong
vortex events a positive NAO-like response was found. This response could be seen in sea
level pressure (SLP), surface wind stress, as well as in surface turbulent heat fluxes. In
the low-top model, on the other hand, the SLP anomalies following stratospheric vortex
events did not show a signal as close to the NAO as seen in the high-top model. Never-
theless, heat flux and wind stress did show anomalies of the same sign compared to those
found in the high-top model simulations. In both models, the anomalies found in SLP,
turbulent heat flux and wind stress were generally a bit lower under the global warming
scenario compared to the Control/Natural simulations.
To investigate the oceanic response to the NAO-like surface forcing connected to strato-
spheric polar vortex events the maximum mixed layer depth (MLD) was used. A generally
deeper than normal MLD was found following strong vortex events, and vice versa for
weak events. In CESM1(WACCM) this signal is strongest in the Labrador Sea, which
is a very important region for deep water formation (showed explicitely for CCSM4 by
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Danabasoglu et al. [2012a]) and therefore also for the variability of the AMOC. In CCSM4
the anomalies in MLD are restricted to a very small region at the southern edge of the
Labrador Sea after strong polar vortex events and are not significant following weak polar
vortex events. Since, in CESM1(WACCM), stratospheric events do influence the amount
of Labrador Sea deep water formation (indicated by anomalies in MLD in that area) an
influence on the variability of the AMOC is very likely in CESM1(WACCM) in contrast
to CCSM4, where anomalies in MLD were almost absent.
The NAO-like response, that we found following stratospheric vortex events, was also
described for example in Reichler et al. [2012], who examined strong vortex events in
a low-top coupled GCM control simulation covering 4000 years. They found a surface
forcing in SLP, turbulent heat flux and wind stress after the onset of strong polar vortex
events that is closer to an NAO-like signal than our results for the low-top model. Addi-
tionally, they found outstanding periods marked by very strong or weak vortex events that
persisted for several consecutive years, which were statistically connected to an anomaly
in the strength of the AMOC. Such a connection could not be found in our study for the
low-top model. The lack of MLD anomalies following weak and strong stratospheric polar
vortex events in CCSM4 leads to the conclusion that the variability of the AMOC should
not be affected by stratospheric events in that model. Though the work presented here
did not regard weak and strong vortex events separately (which could be a point of future
work), our results are in contrast to Reichler et al. [2012] because our work suggests that
a low-top model was not able to adequately represent the influence of the stratosphere on
the oceanic circulation. But also Reichler et al. [2012] clarified that the surface response
following strong vortex events is stronger in high-top compared to low-top models.
Other studies have also shown that the connection between the atmosphere and the sur-
face cannot be simulated correctly when stratospheric dynamics are missing. This was
shown for example by Omrani et al. [2013], who investigated the influence of North At-
lantic SST anomalies (captured by the Atlantic Multidecadal Variability - AMV) on the
NAO using a low- and a high-top model (with lids at 10 and 0.01 hPa respectively). The
low-top model was not able to simulate the NAO response that was observed to follow a
positive AMV anomaly, but this response was simulated in the model that could resolve
stratospheric dynamics. This corresponds well to our result that the CCSM4 model is
unable to significantly connect stratsopheric polar vortex events to anomalies in MLD
(and therefore also to AMOC variability), whereas in CESM1(WACCM) this connection
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is simulated. Quantifying this stratospheric influence on the AMOC is unfortunately be-
yond the scope of this work but it would be an interesting topic to address in a future
study.
Nevertheless, a simple connection between the NAM and AMOC was drawn by calculat-
ing the lead-lag correlation between both indices. The results differ very much between
the simulations. In CESM1(WACCM) Natural the AMOC is strongly correlated with the
stratospheric NAM when the NAM leads the AMOC by 2 years. In the RCP8.5 simula-
tion, the correlation between NAM and AMOC decreases. For CCSM4 the stratospheric
influence can not be seen in the correlation analysis, neither in the Control simulation
nor in the GHG run. This was expected due to the lack of downward coupling in the
low-top model and the missing stratospheric connection to the MLD. The connection be-
tween the NAO and the AMOC on the other hand (also described by a cross-correlation)
is very clear: the NAO leads the AMOC by 4 years in CCSM4 Control as well as in
CESM1(WACCM) Natural, with a correlation larger 0.7 in both cases. The lag of 4 years
is a bit lower compared to the results of Eden and Willebrand [2001], who found a delay of
6 to 8 years between NAO and the oceanic response in the North Atlantic circulation. In
the GHG simulations the correlations between NAO and AMOC decrease for both mod-
els: in CESM1(WACCM), the correlation between the AMOC and the NAO drops even
below that between the AMOC and the stratospheric NAM. This change in dependencies
under global warming is very interesting and requires further studies to be understood
completely. In general, the lower correlation between the NAO/NAM and AMOC under
global warming is consistent with our findings that the surface anomalies connected to
stratopsheric events are weaker for the GHG runs compared to the Control/Natural runs.
To summarize, it could be shown that there is a surface response following a stratospheric
polar vortex event that influences the formation of deep water masses in the Labrador
Sea in CESM1(WACCM). This connection was not seen in CCSM4 although even here
surface wind stress and heat fluxes deviated significantly from the mean state following
a stratospheric event. Although the absolute influence of the stratosphere on the AMOC
can not be inferred from the methods used here, including the representation of strato-
spheric dynamics and interactive chemistry in the model changes the surface behaviour.
That was not only shown in the composite analysis but also in the evolution of MLD with
time in the Labrador Sea, where CESM1(WACCM) showed a much higher variability in
March MLD compared to CCSM4 and a different behaviour with regard to global climate
change (Figure 2.14). The effect of global warming on the stratosphere-ocean coupling is
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still not understood completely but one can infer from the correlation analysis done in this
thesis that global warming could cause a change in the connection between the different
compartments of the Earth System, and that a better understanding of these connections,
including stratospheric dynamics could improve climate predictions, especially in regards
to the strength of the AMOC.
The present study gives a first insight in the dependencies between stratopsheric polar
vortex events and anomalies of atmospheric and oceanic parameters at the air-sea interface
that influence North Atlantic deep water formation. To explain the differences between
the high- and low-top simulations and to better understand the impact of global climate
change further analysis regarding the physical processes behind these dependencies is
required and will be addressed in future work.
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Figure A.1: Vertical profile of the Northern Annular Mode in a) ERA-40, b)
CESM1(WACCM) RCP8.5, c) CCSM4 RCP8.5 and d) CCSM4 Control. Each level
is normalized by its standard deviation. Dimensionless.
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Figure A.2: Explained Variance of the Northern Annular Mode for each level in a)
ERA-40, b) CESM1(WACCM) RCP8.5, c) CCSM4 RCP8.5 and d) in CCSM4 Control.
The explained variance is given in %.
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Figure A.3: Station-based (black) EOF-based (blue) NAO indices for a) CESM1-
WACCM Natural, b) CESM1(WACCM) RCP8.5, c) CCSM4 Control and d) CCSM4
RCP8.5. 5-year running means calculated from station-based indices (bold line).
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